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Circulation pathways, time scales, and water mass composition in the Arctic 
Ocean: Results from 25 years of tracer observations 
Angelica Pasqualini 
 
The Arctic is a hotspot of global change. For example, changes caused by global 
warming are both amplified and are seen more rapidly in the Arctic (e.g., Serreze & Francis, 
2006; Bekryaev et al., 2010; Serreze & Barry, 2011; Overland et al. 2015; Macdonald et al., 
2015). Thus, the Arctic is an indicator of the state of the planet. Among the strongest changes 
that have been observed in the Arctic Ocean are changes in circulation regimes, hydrographic 
properties and freshwater content and composition. These changes have the potential of global 
impact through interaction with the deep-water formation regions of the North Atlantic Ocean, a 
major source of deep and bottom water in the global ocean. Although significant progress in 
understanding the signals of change in the Arctic Ocean and their causes has been made during 
the past decades there are still some fundamental questions unanswered. They include the 
stability of the circulation of the upper waters and changes in the freshwater budget and how 
these changes are connected to changes in the composition of the freshwater lens that covers the 
Arctic Ocean. In this thesis, we address these two topics using measurements of isotopes 
obtained during over three decades of Arctic Ocean section work. 
 
 
This dissertation is composed by three parts and its structure mimics the layered vertical 
structure of the Arctic Ocean water column. Chapter 1 is dedicated to the Atlantic waters, 
Chapter 2 to the halocline waters, and Chapter 3 to the freshwater sources and their distribution 
and variability in the surface layer.   
In the first two chapters, we present transient tracer (3H/3He) and hydrographic data from 
over 25 years of Arctic oceanographic campaign ranging from 1987 to 2013 to evaluate flow 
rates and circulation pathways in the Upper Halocline Water (UHW), Lower Halocline Water 
(LHW), and Atlantic Layer on a pan-Arctic scale. In agreement with previously established 
circulation schemes, tracer data show that the flow paths in the LHW and the Atlantic layer are 
typically topographically steered with the presence of a cyclonic boundary current along the 
continental shelf and separate circulation branches tracking major bathymetric features, such as 
the Lomonosov Ridge. Tracer data suggest that the general circulation of UHW is decoupled 
from the cyclonic regime observed in the deeper layer, and strongly influenced by surface stress 
forcing, such as the anticyclonic Beaufort Gyre. Within the limits of our method, tracer data 
show that the mean flow paths and spreading velocities have been more or less constant over the 
past three decades despite dramatic shifts in the Arctic system heat and freshwater balances from 
anthropogenic climate change over imposed to a high natural variability.  
The third and final chapter discusses the water-mass composition and the distribution of 
freshwater sources in Canadian Basin, the western section of the Arctic Ocean. Results are 
produced by performing a water-mass decomposition on the water samples collected during the 
2015 Arctic GEOTRACES (GN01) oceanographic expedition. Stable isotope measurements 
(H218O/H216O and DHO/H2O ratios) are used in combination with salinity and nutrients data to 
calculate the water-mass components for the upper 500 m Arctic Ocean (mixed layer through 
 
 
Atlantic Water layer). The sources of liquid freshwater into the Arctic Ocean include Pacific 
water, sea ice meltwater, river discharge and net precipitation. The topmost 50 meters of 
Canadian Basin contain the large fraction of freshwater from sea ice meltwater and meteoric 
water. Pacific water dominated the freshwater budget along the 2015 GN01 transects from 100 to 
250 m. These depths are also characterized by a strong brine rejection signal, reflecting an 
enhanced annual sea ice cycle with more ice refreezing and melting each year, and an overall 
loss of multiyear ice. The 2015 results are compared with the overlapping 1994 and 2005 Arctic 
Ocean Sections (AOS94 and AOS05) and discussed in the context of regional and temporal 
variability of liquid freshwater and its components distribution.  Our findings show significant 
increases in the Canadian Basin total liquid freshwater reservoir both compared to the 1994 and 
2005 transects confirming a freshwater accumulation in the Canadian Basin already established 
by numerous observations and modeling studies (Gilles et al., 2012; Carmack et al., 2016; 
Proshutinsky et al. 2019; Solomon et al., 2021).  The total freshwater reservoir increased by ca. 
12,500 km3 from 1994 to 2015, of which ca. 5,000 km3 are within the Beaufort Gyre. Meteoric 
and Pacific freshwater components were the largest sources of the observed freshwater 
accumulation in the upper 500m of the western Arctic Ocean.  An intensified Ekman transport in 
the Beaufort Gyre and increased availability of freshwater for accumulation are the two primary 
drivers for freshwater accumulation in the Canadian Basin. Within the limits of our analysis, it is 
not possible to quantitatively estimate the relative importance of the each forcing nor to resolve 
the seasonal to year‐to‐year variability.  
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Chapter 1: Circulation pathways and spreading rates of the Atlantic 
Waters in the Arctic Ocean derived from three decades of 
Tritium/3He observations 
1.1 Introduction 
The Arctic Ocean, which is the Earth’s smallest ocean containing 3% of the total ocean 
area and accounting for only 1% in volume, is unique on local, regional and global scales due to 
its relatively high freshwater content and its perennial sea ice cover. In particular, the freshwater 
fluxes from the Arctic Ocean to lower latitude oceans influence the preconditioning of surface 
waters in the deep-water formation regions of the Greenland, Norwegian, and Icelandic seas, as 
well as in the North Atlantic (primarily the Labrador and Irminger Seas). Thus, understanding 
the basic water mass structure, circulation patterns, and rates of exchange of waters through 
Fram Strait, Bering Strait and the Canadian Archipelago are of fundamental importance. 
Due to its harsh environmental conditions resulting in much sparser data coverage 
compared to the low latitude oceans, the Arctic Ocean is still not as well understood as the low- 
and mid-latitude oceans. At the same time the Arctic Ocean is more vulnerable to global change. 
The observed warming rate of the Arctic air temperature has been consistently more than double 
the rate of the global mean: between 0.1°C and 0.3°C per decade for the period between 1984 
and 2012 (e.g., Serreze et al., 2009; Meredith et al., 2019). The enhanced rate of temperature 
increase experienced in the Arctic, a phenomenon referred to as Arctic Amplification, is of 
particular interest as the Arctic Ocean can respond rapidly to changes in atmospheric conditions 
(Serreze et al., 2000; 2011; Polyakov et al., 2002). 
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As a consequence of environmental change, the hydrography of the Arctic Ocean has 
changed significantly during recent decades (Morison et al., 2000;  Murray et al., 2010;  Morison 
et al., 2012). The most dramatic changes are found in the mixed layer, the halocline, and the 
Atlantic Water (AW) which, taken together, cover the upper ca. 500 meters of the Arctic Ocean, 
and include modifications in water mass properties, freshwater content and composition, and 
location of fronts such as that between the Eurasian and Canadian domains of the Arctic Ocean 
(Steele et al., 1995; 2004; Serreze et al., 2000; 2003; 2007). For example, during the past two 
decades a notable temperature increase has been observed in the AW layer and the stratification 
in halocline has weakened (Quadfasel et al., 1991;  Polyakov et al., 2005;  Polyakov et al., 2012). 
It has also been reported that the temperature along some branches of the circulation has relaxed 
back towards earlier climatology (e.g., Morison et al., 2000;  Morison et al., 2012). 
As a consequence of the warming Arctic sea ice mass has progressively turned younger, more 
unstable, and thinner. Since satellite monitoring began in 1979, Arctic sea ice extent (area of 
ocean where ice concentration is at least 15%) declined by 40%, with the more pronounced loss 
observed at the end of the melting season (late summer) (Overpeck et al., (2005); Mahlstein & 
Knutti, (2012); Stroeve et al., 2014). Mean sea ice thickness decreased from ca. 3m to ca. 1.5m 
accounting for a 75% decline in arctic summer sea ice volume since the 1970s (Kwok & 
Rothrock, 2009). Generally older ice is thicker, brighter, and more resilient to summer melt than 
first-year ice. In March 2019 multiyear ice (>4 years old) accounted for less than 2% of the 
Arctic Ocean ice pack and first-year ice for approximately 70%; compared to 33% and 35-50% 
as measured in 1985 (Perovich et al., 2019). The dominance of seasonal sea ice raises the 
likelihood of ice-free summer (Stroeve et al., 2014). The observed decline in minimum sea ice 
extent has been accompanied by changes in the thermohaline structure of the Arctic Ocean 
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including a warmer and shallower Atlantic core Layer and a weaker stratification across the 
halocline in the Eurasian Basin (Polyakov et al., 2010;  Polyakov et al., 2017). Model results 
indicate that these changes in the water column structure alone can account for an increase in the 
upward heat transfer of the AW through the Eurasian Basin halocline of 0.5–1.0 Wm-2, over an 
annual average O(1-2) W m-2, (data from 1990s relative to the 1970s) further enhancing the sea 
ice loss (ca. 30 cm in 50 years, 1 Wm-2 is equivalent to 10 cm of ice loss ) (Polyakov et al., 2010;  
Polyakov et al., 2013).  Winter AW upward heat fluxes are 3 to 4 times larger than the annual 
average and have a direct impact of local sea ice formation/growth. Changes in the eastern 
Eurasian Basin stratification can lead to a deeper winter ventilation, enhanced seasonal release of 
oceanic heat, and reduced ice growth. Polyakov et al. (2017) found a 2- to 4-fold increase in the 
winter upward AW heat flux since 2007/2008. 
 
Figure 1: Left panel: Arctic Ocean map showing the main seafloor features and 
geographical locations of the studied areas. Modified from Geology.com. Right panel: 
geographical location of the hydrograhic stations occupied between 1987 and 2013 and used 
in this study. The colors correspond to the sample year. 
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The pace of observed changes in the Arctic Ocean water mass properties, distribution, 
and circulation as part of pan-Arctic system-scale environmental change adds urgency to 
improving our understanding of the fundamental impacts of the AW on the Arctic Ocean 
circulation and its impact on the sea ice cover through upward heat flux (Serreze et al., 2000;  
Serreze et al., 2007;  Polyakov et al., 2017; 2020). 
Mauldin et al. (2010) used transient tracer data (3H/3He and CFCs) and a leaky pipe 
model (Spall, 2013) to estimate the mean spreading rates and mixing time scales of the Barents 
Sea Branch Water (BSBW) along two of its circulation branches, from the St. Anna Trough to 
the southern Canada Basin. Here, we expand that study to both branches of the Atlantic water, 
Fram Strait Branch Water (FSBW) and BSBW, and geographically to the entire Arctic Ocean. 
To this end, we use a data set of tritium and helium isotope (3H/3He) measurements collected 
during 21 Arctic Ocean cruises between 1987 and 2013 to delineate the spreading patterns and 
average spreading velocity of FSBW and BSBW, as well as the long-term stability of the AW 
circulation patterns. 
1.2 Hydrology 
The Arctic Ocean is nearly completely enclosed by the continental shelves of Eurasia, 
North America and Greenland. Large estuaries and shallow (<300m) marginal shelf seas occupy 
its boundaries to the south, covering more than 1/3 of the Arctic Ocean surface. The major Arctic 
shelf seas are the Barents Sea, the Kara Sea, and the Laptev Sea in the Eurasian Basin, and the 
East Siberian Sea, the Chukchi Sea, and the Lincoln Sea in the Canadian Basin. The Arctic 
Ocean connects with the northern Atlantic Ocean via Fram Strait and the Barents Sea, and the 
Pacific Ocean via the Bering Strait (Coachman et al., 1963; Stigebrandt, 1984; Rudels et al., 
1994). Approximately 11% of the global estuarine discharge inflows into the Arctic Ocean from 
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North America, Mackenzie and Yukon, and Siberia, Ob, Yenisey, and Lena (McClelland et al., 
2012).  
Water masses in the upper 1200 m of the Arctic Ocean are mainly of Atlantic origin 
(Rudels, 2009). The Arctic Ocean is supplied by Atlantic water (AW) along two pathways: Fram 
Strait and the St. Anna Trough. The former carries the warm and saline FSBW, and the latter 
BSBW. FSBW enters the Arctic Ocean north of Svalbard. At the point of entry into the Arctic 
Ocean, FSBW has a core depth of 200m and 500m, a mean temperature of 3ºC, and an average 
salinity of 34.96 (Schauer et al., 1997). The BSBW reaches the Arctic Ocean between Fran Josef 
Land and the Severnaya Zemlya archipelago at depths between 600–1200m with temperatures 
between 0–2ºC and salinities between 34.86–34.91 (Schauer et al., 1997). The two-branch 
hypothesis was initially proposed by Rudels et al. (1994) and further elaborated on by other 
studies (e.g., Schauer et al., 1997; McLaughlin et al., 2002; Rudels et al., 2013). 
The flow structure and transport across Fram Strait are complex and involve local 
recirculation, large seasonal variability, and strong current shear between the West Spitsbergen 
Current and the East Greenland Current (Mauritzen et al., 2011; Beszczynska-Möller et al., 
2012;  Marnela et al., 2013;  de Steur et al., 2014). The mean northward transport of AW in the 
West Spitsbergen Current ranges from 2 to 5 Sv (Beszczynska-Möller et al., 2012; Mauritzen et 
al. 2011). Roughly half of this AW recirculates within Fram Strait and flows southward as a 
component of the East Greenland Current (Schauer et al., 2004; Marnela et al., 2013). The 
remaining AW, (3.0 ± 0.2 Sv), continues north through Fram Strait Branch and flows eastward 
along the continental slope as FSBW (Beszczynska-Möller et al., 2012). The average BSBW 
inflow into the Nansen Basin ranges from 1.3 to 2 Sv (Smedsrud et al., 2010; Skagseth et al., 
2011). 
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Since the opening of the Bering Strait at the end of the last ice age, Pacific water has 
passed through the Arctic into the north Atlantic. A constant steric height gradient between the 
Bering Sea and the Canadian Basin drives a Pacific inflow of 0.7–1.1 Sv into the Arctic Ocean 
through Bering Strait (Woodgate et al., 2012).  
Outflows from the Arctic basins are all towards the Atlantic Ocean; PW primarily exits 
via the Canadian Arctic Archipelago (ca.1–2 Sv) (Münchow et al., 2007) and modified and 
recirculated AW via Fram Strait (ca. 4.1 ± 0.8 Sv measured at 78.83ºN) (de Steur et al., 2014). 
About 1.5 to 2.2 Sv of this flux is contributed by recirculated AW (Mauritzen et al., 2011; de 
Steur et al., 2014).  
The Arctic Ocean receives on average 0.3 ± 0.02 Sv of freshwater annually (relative to a 
salinity of 34.8; mean based on the period between 2000 and 2010) (Haine et al., 2015). 
Although volumetrically small, this input is a determinant factor in the upper water column 
stratification, thus constraining the heat flux from the AW into the mixed layer and sea ice cover 
(e.g., Polyakov et al., 2017; Schauer & Beszczynska-Möller, 2009). River runoff is the largest 
freshwater component, accounting for approximately 45 ± 10% (0.13 ± 0.01 Sv); Pacific waters 
add annually ca. 0.08 +-0.003 Sv, or 28 ± 4% of the total freshwater input; and net precipitation 
accounts for 23 ± 10% of the annual flux (0.07 ± 0.01 Sv) (Haine et al., 2015). The seasonal sea 
ice cycle of freezing and melting also affects the freshwater budget, essentially separating 
seawater into its freshwater and brine (Aagaard et al., 1989; Carmack et al., 2016). 
Density stratification in the Arctic Ocean water column is almost solely a function of 
salinity and the strongest density gradients are observed in the surface and halocline layers 
(upper 150-200m). A well-mixed surface layer of cold and fresh water occupies the uppermost 
part of the Arctic Ocean. This buoyant layer contains a large fraction of the freshwater anomaly 
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content in the water column. It varies seasonally from less than 10 to several tens of meters 
thickness and closely interacts with wind and the sea ice cover. Typically, the polar mixed layer 
is 5 to 10 meters thick in ice-covered regions and near river outflows in summer, and twice as 
deep in ice-free regions where the wind-driven mixing is stronger. In the fall sea-ice formation 
releases brine that can cause overturning down to 40 or 50 meters depth. The surface water has 
four principal components: meteoric water, sea ice melt-water, relatively fresh Pacific water, and 
relatively salty Atlantic water (e.g., Ekwurzel et al., 2001; Newton et al., 2008).  
Below the mixed layer a steep halocline separates the warm Atlantic Water from the 
surface. Arctic halocline waters typically can be divided into upper halocline waters (UHW) and 
lower halocline waters (LHW) and show significant spatial and temporal (seasonal and inter-
annual) variability. Different processes are responsible for maintaining this strongly stratified 
layer in the eastern and western Arctic basins. The UHW is of Pacific origin is primarily 
constrained to the Canadian Basin sometimes extending into the Amundsen Basin at depths 
between 60 and 220 m (Steele et al., 2004; Bluhm et al., 2015). LHW waters derive from the 
North Atlantic (Rudels et al., 2004).  
UHW is characterized by salinities around 33.1, near-freezing temperatures, and marked 
nutrient maxima associated with the Pacific inflow and nutrient regeneration over the Chukchi 
Shelf (Jones & Anderson, 1986; Anderson et al., 1994). The lower halocline is characterized by 
increasing temperatures and salinities with depth until they match Atlantic Water values (Rudels 
et al., 1991). This layer has a mean salinity of approximately 34.2 ± 0.3 and is associated with 
minimum values in conservative nutrient-based tracer NO (NO = O2+9 NO3–	(Broecker,1974)). 
Below the halocline, a layer of Atlantic Water forms a temperature maximum at salinities 
around 34.85 at depths around 200-500m (Timofeyev et al., 1961; Coachman & Barnes, 1974; 
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Swift & Aagaard, 1981; Aagaard et al., 1985; Carmack, 1990; Pfirman et al., 1994). Intermediate 
and deep waters found below the Atlantic layer are colder and saltier than waters above, and 
effectively isolated from the surface. They are remarkably homogeneous and hundreds of years 
old (Schlosser et al., 1999). Despite the lack of topographic obstructions above 1,200 meters, 
intermediate water hydrographic properties are not uniform between the two main Arctic Ocean 
basins but show a clear front above the Lomonosov Ridge, with the Makarov Basin being 
warmer than the Amundsen Basin by ca. 0.25 ºC. 
The classification of the Atlantic water inflows in the Arctic Ocean has been extensively 
addressed since the onset of scientific Arctic exploration (e.g., Nansen, 1902; Coachman & 
Barnes (1963); Carmack, 1990; Swift & Aagaard, 1981; Aagaard et al., 1985) and continues to 
be investigated (Pfirman et al., 1994; Rudels et al., 2004; Woodgate et al., 2007;  Schauer et al., 
2008;  Newton et al., 2013;  Rudels et al., 2013;  Polyakov et al., 2017). In this study, we define 
the water masses for upper (FSBW) and lower (BSBW) branches of the Atlantic layer in terms of 
potential density anomaly σ!-surfaces. Specifically, we set the potential density ranges to be 0.07 
kg m-3 (i.e.,	σ$! ± 0.035 kg m-3 (Frank et al., 1998; Mauldin et al., 2010)). To determine the 
appropriate σ! −surface representing FSBW, we use an approach similar to the ‘core-layer’ 
method first described by Wüst (1935) and used by Coachman and Barnes (1963) in their classic 
study of the evolution and distribution of Atlantic waters in the Arctic Ocean. The most 
distinctive features of the FSBW are prominent potential temperature (θ) and salinity maxima. 
Although FSBW immediately starts being modified by shelf-basin interactions and vertical 
mixing as it enters the Arctic Ocean through Fram Strait, it never ceases to exhibit maxima in 
both temperature and salinity. Indeed, a prominent subsurface maximum is still observed in the 
Beaufort Sea, the southern Canada Basin,  
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Thus, the distribution of the temperature and salinity maxima can be used as a marker for 
the spreading of FSBW. To determine the isopycnal surface best representing the warm core of 
the Atlantic layer, we average the potential density at the depth of the maximum potential 
temperature (depth > 80m) for each station. This analysis produces a σ$! of 27.901 kg m-3, which 
agrees with values cited in several other studies (e.g., Rudels et al., 2000; Smethie et al., 2000; 
Shimada et al., 2004). Thus, we define the density range of FSBW to be 27.866 kg m-3 ≤ σ!	≤ 
27.936 kg m-3. When averaging the properties for the water samples that fall within this density 
range, we obtain the following values: average pressure of 289 m (100–460 m), mean salinity of 
34.85 (34.78–35.02), and mean potential temperature of 1.22 ºC (0.34–2.87 ºC).  
For the BSBW core, we used the density range of 27.950 ≤ σ!	 ≤ 28.020 kg m-3 (27.985 ± 
0.035 kg m-3) using the definition previously established and confirmed by several studies 
(Rudels et al., 1994; Frank et al., 1998; Smethie et al., 2000; Mauldin et al., 2010). For the data 
part of our analysis, the mean BSBW properties are: 34.74 ≤ S ≤ 34.90 (mean: 34.86) and -0.76 
ºC ≤ θ ≤ 1.1 ºC (mean: 0.25 ºC). The BSBW layer extends between 350 and 1100 m. Here, we 
trace these waters from their origins, in Fram Strait and the St. Anna Trough, around and through 
the Arctic, to their exit points, on the northern sides of the Canadian Arctic Archipelago and 
Fram Strait. 
1.3 Data and Method 
1.3.1 Sample Collection and Measurement 
This study uses the transient tracers 3H (tritium, the radioactive isotope of hydrogen) and 
3He, the lighter isotope of helium and decay product of tritium, together with hydrographic data 
from 21 cruises to the Arctic Ocean (Figure 1) covering 25 years of Arctic Ocean section work. 
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The water samples were collected from icebreakers and submarines, as well as during aircraft-
based surveys (Table 1).  
With the exception of the ARK-IX/4 and ARK-XI/1 cruises, tritium and helium isotope 
samples were measured at the Lamont-Doherty Earth Observatory (LDEO), following 
procedures described by Ludin et al. (1998). Tritium and helium isotope samples from ARK-
IX/4 and ARK-XI/1 were measured at the Institute for Environmental Physics at the University 
of Heidelberg, as described by Bayer et al. (1989). Both laboratories analyzed 3H by the 3He-
ingrowth method. The 3H measurement precision is ± 1–2% or 0.01–0.02 TU, whichever is 
larger. Helium isotopes are reported as δ3He, the percent deviation of the measured 3He/4He in a 
sample from the atmospheric air standard, Ratm = 1.386 10-6 (Clarke et al., 1976).  
Table 1: Oceanographic cruises that suplied data for this study. 
Cruise Name Vessel Years 
ARK-IV/1 R/V Polarstern Jul–Aug 1987 
Oden1991 I/B Oden Aug–Oct 1991 
ARCRAD U.S.G.S. Polar Star Jul–Aug 1993 
ARK-IX/4 R/V Polarstern Aug–Sep 1993 
SCICEX-93 U.S.S. Pargo Aug–Sep 1993 
AOS 94 C.C.G.S. Louis S. St-Laurent Jul–Aug 1994 
ARK-XI/1 R/V Polarstern Jul–Sep 1995 
SCICEX-96 U.S.S. Pogy Sep–Oct 1996 
ARK-XII R/V Polarstern Jul–Sep 1996 
JOIS4 C.C.G.S. Louis S. St Laurent Sep–Oct 1997 
SCICEX-99 U.S.S. Hawkbill Sep–Oct 1999 
Oden 2005 I/B Oden Aug–Sep 2005 
Switchyard 2005–2013 Aircrafts Apr–May 2005-2013 
 
Measurement precision for δ3He is ± 0.2–0.3%, and that for 4He ±1–2%. Typically, the 
uncertainties of the tritium and helium measurements result in errors of the 3H/3He ages of less 
than 1.0 years for ages lower than ca. 25 years and up to ca. 2 years for ages above 25 years. The 
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two laboratories have been intercalibrated, with measurement differences for 3H and He isotope 
data typically falling into the range of the analytical errors. 
Our database comprises 11,676 individual samples obtained at 476 stations (for 
geographical locations, see Figure 1). Of those, 1312 fall within the FSBW potential density 
range defined for this study. A total of 431 3H/3He ages from 242 stations are used in our 
analysis of the FSBW layer, and for the BSBW layer we used 414 3H/3He ages from 191 
stations. Out of the total hydrographic stations that are part of our analysis, ca. 60% are located 
within the Eurasian Basin, 20% in the Makarov Basin, and 20% in the Canada Basin.   
1.3.2 Tritium Helium Dating Method 
Tritium (3H) is the radioactive isotope of hydrogen and decays into the noble gas isotope 3He by 
beta decay with a half-life of 12.32 ± 0.02 years (Lucas & Unterweger, 2000). Naturally 
occurring tritium is extremely rare, with a global inventory of only a few kilograms. 
Thermonuclear weapons testing released several hundred kilograms of tritium into the 
environment – mainly the stratosphere – resulting in a concentration peak in precipitation in 
1963. The concentration of 3H in Arctic precipitation and river runoff reached several thousand 
TU (Tritium Unit; 1 TU is a tritium to hydrogen ratio of 10-18), ca. three orders of magnitude 
above the natural background level (Östlund, 1982) 
The 3H/3He age is defined as the time elapsed since a water parcel has been isolated from gas 
exchange with the atmosphere. During that time 3He is accumulated from radioactive decay of 
3H, and the apparent age can be calculated from the 3H/3He ratio (Eq. 1). 





[ H 3 ]
)                      																				                                                  (1a)   
where	𝜏 is the 3H/3He age (years), [ He%&'%'()*+',		- ] is the 3He from radioactive (TU), and 
3H is the tritium concentration measured in the sample (TU). 3H/3He data are routinely used to 
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estimate the mean spreading rates of ocean water masses (e.g., Jenkins & Clarke, 1976; 
Schlosser et al., 1995; Smethie et al., 2000; Mauldin et al., 2010).  
In addition to uncertainties introduced during sampling and measurement, there are 
several sources of systematic errors intrinsic to 3H/3He age estimates: loss of 3He due to gas 
exchange with the atmosphere, (partial) dissolution of air bubbles, mixing, and terrigenic 3He 
(e.g., Schlosser et al., 1995; Wallace et al., 1992).  Transient tracers, such as 3H/3He, are not 
conservative with respect to mixing, as both their absolute concentrations and age signature 
(relative ratios) change with time. Apparent spreading rates inferred from 3H/3He age data are 
typically lower than the corrected velocity because they don’t account for the mixing between 





For each section, we identify the samples that represent the two distinct Atlantic Water cores. 
Hydrographic properties falling within the potential densities of FSBW (27.866 and 27.936) and 
BSBW (27.950 and 28.020) are averaged at each station (Figure 2). The distributions of potential 
temperature and salinity are mapped in Figures 3a and 3b, and the isopycnal surfaces are 
displayed in Figure 3c. Despite interannual variability in the properties and transport of water 
flowing through Fram Strait and Barents Sea into the Arctic Ocean (Loeng et al., 1997;  
Grotefendt et al., 1998) there are well defined patterns in the distribution of the hydrographic 
properties. At Fram Strait, salinity and temperature are at their maximum values which then 
decrease monotonically along the pathways around the Arctic Ocean basins as already pointed 
out by Coachman and Barnes (1963). As FSBW travels away from its injection point in Fram 
Strait, it is progressively modified by lateral intrusions of shelf water and vertical mixing with 
the overlying halocline and the deeper BSBW. Overall, the core of the modified FSBW that exits 
the Arctic Ocean flowing southward through Fram Strait is ca. 2ºC colder, ca. 0.2 fresher, and 
200-300m deeper than the Atlantic inflow. Conversely, the lower BSBW component is initially 
colder and fresher and then becomes warmer and saltier en route along its pathway through the 
Arctic Ocean on the isopycnal surface σ0 = 28.0. 
More specifically, as it enters the Nansen Basin from the Greenland-Norwegian Sea, FSBW 
shows a prominent potential temperature maximum (2.5–3.0 ºC) and a salinity maximum (34.95–
35.00) between 100 m and 200 m depth (Figures 2a, 2b, and 2c). Within 500 km of Fram Strait, 
the FSBW flows at shallow depths and interacts with the polar surface water, as well as with 
different types of modified Atlantic waters that have either completed the whole circumpolar 
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boundary current or have recirculated southward following a shorter pathway. This water mass 
modification produces a cold, less saline surface layer that eventually thickens and becomes 
more homogenous due to freezing and winter convection and is the source of the halocline in the 
Eurasian Basin (Rudels et al., 1995). The average potential temperature for the hydrographic 
stations located between the regions north of Svalbard and the Santa Anna Trough within a 
boundary approximately 50 km wide, is 1.89 ± 0.2 ºC, the corresponding mean salinity is 34.91 ± 
0.02, and the mean depth is 240 m. 
North of the Severnaya Zemlya, FSBW encounters BSBW, a cold, saline wedge sinking down 
the St. Anna Trough. The two branches interact before continuing eastward along the Eurasian 
continental slope as part of the same boundary current system (Schauer et al., 2002; 2004). This 
interaction results in a larger local variability in both temperature and salinity for individual 
hydrographic stations with salinities ranging from 34.75 to 34.95 and potential temperature from 
0.5–2.5 ºC.  North of the Kara Sea, the average temperature maximum is 1.73ºC, (S: 34.89) at 
depths between 220–250 m. Along the continental slope north of the Laptev Sea, about 2,000 km 
downstream from Fram Strait, the subsurface temperature maximum has been reduced to 1.6 ± 
0.1ºC and is found at depths between 250 m and 270 m.  The mean salinity of these waters is 
34.87. 
A well-defined horizontal front in potential temperature and salinity is positioned along the 
Lomonosov Ridge on a cross section of ca. 150 km, with warmer, saltier water in the Amundsen 
Basin compared to the Makarov Basin (Figures 2a and 2b). The mean potential temperature 
gradient across the Lomonosov Ridge is 0.5 ºC and the salinity gradient is 0.05 psu. 
Data also show progressive cooling and freshening of the FSBW along the ridge crest, from the 
Laptev Sea shelf (off the New Siberian Island at longitude 145ºE) to 88ºN and 60ºW. Farther 
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along the Ridge, toward Greenland from this point the parameter fields become less 
homogenous, signaling the presence of small-scale frontal features and temporal shifts in the 
positions of those fronts. Along this section on the Eurasian flank of the Lomonosov Ridge, 
FSBW mean potential temperature starts at ca. 1.7 ºC off the continental slope, decreases to 1.4 
ºC at the North Pole, and 1.2 ºC at 88 ºN and 60 ºW. Along the western side of the ridge, the 
FSBW mean temperature decrease from 1.3–1.4 ºC at the junction with the East Siberian shelf to 
0.7–0.9 ºC at 88 ºN and 60 ºW (ca. 1.0 ºC at the North Pole). The FSBW salinity spatial 
distribution is analogous to that described for temperature, with a gradual freshening occurring 
along the Lomonosov Ridge and a marked gradient sitting across it. On the Amundsen side 
FSBW mean salinity ranges from 34.87 to 34.85; and from 34.84–34.78 on the Canadian side. 
Within the Eurasian Basin, stations located in the Nansen Basin are significantly warmer and 
more saline than those in the Amundsen Basin.  
Along the East Siberian continental slope, east of the Lomonosov Ridge, the FSBW continues to 
flow cyclonically around the continental margin and is cooled and freshened primarily by 
interactions with dense waters originating on the shelves and cascading down the slope. The 
stations in the Chukchi Abyssal Plain still show a well-defined potential temperature maximum 
of 0.8–1 ºC (S: 34.8) at ca. 250 m depth. The mean values of potential temperature and salinity 
values along the Mendeleyev Ridge are 0.7ºC and 34.78, respectively. In general, the FSBW core 
properties show lesser spatial gradients and are more homogeneous in the Canadian Basin than in 
the Eurasian Basin. Mixing along long-time scales with Canadian Basin waters contributes to 
homogenize the FSBW (Smethie et al., 2000). This reduced variability might also result from the 
fact that the FSBW core is found deeper in the water column and isolated from the surface by a 
thicker surface layer (polar mixed layer and halocline waters) than observed in the Eurasian 
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Basin. This deepening of the FSBW core is observed in the Beaufort Gyre, a surface anticyclonic 
cell centered in the southern Canada Basin where the Ekman signal is large (Carmack et al., 
2016). The circulation of the mixed layer and upper halocline is largely driven by surface stress 
(wind forcing and sea ice cover). Via Ekman transport, the lateral movements of surface waters 
generate a vertical transport in the water column that reach the intermediate depths of the 
Atlantic layer (Hunkins, 1966; Pond & Pickard, 1983). The bowing of isopycnals in the Canada 
Basin roughly follows a two-peak seasonal cycle associated with the strength of the anticyclonic 
wind curl in the Beaufort Gyre and the freshwater production during the summer sea ice melt 
(Proshutinsky et al., 2009). On average, the FSBW core in the southern Canada Basin has a 
potential temperature of 0.45–0.50ºC and salinities of 34.75–34.78 at depths of 350-450m.  
 
Figure 2. Maps showing the averaged properties of Fram Strait Branch Water (FSBW), 
top panels; and Barents Sea Branch Water (BSBW), bottom panels. Hydrographic station 
locations are displayed as filled circles colored according to the average Potential 
Temperature, Salinity, water pressure, and 3H/3He apparent ages. 
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In the Makarov Basin and in the Chukchi Abyssal Plains the average depth of the 
subsurface temperature maximum is 280-300 m (Figure 2a). In the Beaufort Sea and central 
Canadian Basin, the core of the FSBW deepens to its maximum values and is located at depths 
between 400–450 m. In the Lincoln Sea, north of the eastern Canadian Archipelago and 
Greenland, the average depth of the FSBW is back to 300-350 m. This area, extending up the 
North Pole and stretching between Cape Columbia, Canada, and Cape Morris Jesup, Greenland, 
was intensively sampled during the Arctic Switchyard Project, an annual hydrographic survey 
that took place between 2005 and 2013 (Timmermans et al., 2011;  Morison et al., 2012). At 
stations located within the Switchyard region, FSBW has an average potential temperature of 
0.50 ±0.15 ºC and a salinity of 34.79 ± 0.02.  
BSBW has already been significantly modified before penetrating the Nansen Basin at 
the Santa Anna Trough. During its flow across the Barents Sea and Kara Sea, this Atlantic inflow 
is significantly cooled through heat loss to the atmosphere and its salinity modified by seasonal 
shelf processes such as sea ice formation and melting, or addition of meteoric water (Schauer et 
al., 2002).  
Stations located west of Severnaya Zemlya on the northern Kara Sea shelf, still outside 
the Nansen Basin, have mean potential temperatures close to the freezing point (-1.0–0.8 ºC) and 
salinities between 34.76–34-78 at an average depth of 250 m (Figures 2e, 2f, and 2g). BSBW 
descends to ~600 m-depth as a series of intermittent cold plumes partially displacing and 
interacting with FSBW before continuing to flow eastward along a deeper isopycnal surface. The 
stations located along the confluence front with the FSBW, right off the Santa Anna Trough, 
show a larger variability in their hydrographic properties. The potential temperature ranges 
between -0.7 and 1.0 ºC, (mean 0.38 ºC), salinities range from 34.86 to 34.93, (mean 34.87), and 
 18 
depths reach from 300 to 600 m (mean 450m).  The larger variation within the BSBW density 
horizon in the eastern Nansen Basin and along the Gakkel Ridge result from displacement of 
fronts, both horizontal and vertical, intermittent vertical convection from ice formation, and 
strong interleaving with the warmer, upper branch (Rudels et al., 1999; 2000). North of the 
Laptev and East Siberian seas, the core of the BSBW has a mean potential temperature of 0.38 ± 
0.15ºC, and a salinity of 34.88 ± 0.01. In this region, approximately located between 120 ºE and 
150 ºE longitudes and stretching north to 85º N, the BSBW isopycnal surface has deepened to 
intermediate depths of 750 ± 50 m, further limiting the sources of ventilation, thus largely 
conserving its core properties as it continues to flow cyclonically around the Arctic Ocean. Both 
potential temperature and salinity along the BSBW isopycnals show minimal spatial gradients or 
structure across the Arctic Ocean, both within the boundary current and in basin interiors 
(Figures 2e, 2f, and 2g). Compared to FSBW, BSBW is quite homogeneous across the 
Amundsen Basin, Makarov Basin, and Canada Basin. This is due to the fact that it has limited 
sources of ventilation and is not exposed to mixing with the surface layer (Smethie et al., 2000). 
The average parameters of water samples within BSBW density range (27.95 ≤ σ0 ≤ 28.02) are 
0.0 ºC ≤ θ ≤ 0.4 ºC and 34.86 ≤ salinity ≤ 34.88. The average depth in these regions ranges from 
550 m to 1000 m.  
The BSBW at the stations located within the Amundsen Basin is consistently warmer and 
saltier than those in the Makarov and Canada basins. Their potential temperature and salinity are 
0.33 ± 0.15 ºC and 34.88 ± 0.01, respectively. For comparison, in the Beaufort Sea we observe 
potential temperatures of 0.17 ± 0.14ºC and salinities of 34.86 ± 0.004. In the Lincoln Sea 
(southern Switchyard region) BSBW shows higher mean temperatures (mean 0.4 ºC) and lower 
salinities (mean 34.85) than observed in other regions of the Arctic Ocean (Figures 2e and 2f).   
 19 
The average depth of BSBW shows a similar spatial structure to that of FSBW (Figure 
2e). The BSBW isopycnals deepen to 850–1100 m in the southern Canada Basin and Beaufort 
Sea, and shoal to 550–650 m in the Switchyard Region and western Amundsen Basin.  
1.4.2 Apparent 3H/3He Ages  
The age spatial structures for FSBW and the BSBW are obtained as the mean of tracer 
age data at a particular location from water samples falling within the corresponding density 
horizons (Figures 2d and 2h). We estimate the apparent tracer age uncertainty at each location as 
the standard deviation of the values used in the average calculation, rather than the variations in 
tracer age from propagating the analytical error of the tritium and helium measurements through 
the age calculation. The uncertainty reflects variability in both space and time, since the tracer 
data were collected over a period of roughly three decades. 
Age estimates for upper halocline waters range from 2 to 6 years and are remarkably 
homogeneous in both the Eurasian and Canadian basins (Ekwurzel et al., 2001). As indicated 
above, these values are to be considered as lower boundaries due the possible loss of tritiogenic 
3He to the atmosphere via gas exchange and the diffusion of He into sea ice. Mean apparent ages 
in the lower halocline span the age range between 5 and 15 years (Schlosser et al., 1999; 
Ekwurzel et al., 2001). In the Atlantic layer the apparent tracer ages range from a few years to 
decades. The apparent tracer ages generally increase from the entry point to the Arctic Ocean 
along the boundary flow around the Eurasian and Canadian basins and into the interior of those 
basins.  
The youngest 3H/3He ages, ca. 3–5 years, occur at the injection points in Fram Strait 
(FSBW) and at the Santa Anna Trough (BSBW). The oldest apparent ages, ca. 30–35 years, are 
found in the Switchyard region. In general, the apparent tracer ages are somewhat higher for 
BSBW compared to FSBW: the 3H/3He age averages for FSBW and BSBW are 13.3 years and 
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18.1 years, respectively. This tracer age difference does not show a significant trend around the 
boundary current loop and ranges from -3 to 8 years, where the negative values indicate that 
BSBW is locally younger than FSBW, which occurs in the eastern Nansen Basin. The largest 
differences are observed in the central Canada Basin. On average, the 3H/3He ages in the 
Eurasian Basin are 10 years younger than those observed in the Canadian Basin.  
The mean apparent tracer ages for FSBW at stations located north of Spitsbergen, east of 
Franz Josef Land (longitude λ = 45º E), is 3.4 ± 1.6 years. The mean 3H/3He age at the Santa 
Anna Trough is 5.0 ± 1.5 years and increase to 5.5 ± 0.7 years in the northern Laptev Sea. The 
FSBW age undergoes a partial ‘reset’ to younger ages as it interacts and mixes with the BSBW 
inflow at St. Anna Trough. The stations located at the intersections of the continental slope with 
the Lomonosov Ridge show ages of 8 ± 1.5 years. In the Chukchi Abyssal Plain, east of the 
Chukchi Plateau, the average 3H/3He is 10.8 ± 1 years and increases to 17.1 ± 3 years in the 
Beaufort Sea. The oldest ages for FSBW are observed on the Alpha Ridge and in the Switchyard 
region with an average of 28 ± 3 years.  
The mean apparent tracer age for BSBW at its entry point into the Nansen Basin, north of 
the Santa Anna Trough is 4.3 ± 2.6 years at. Mean ages increase to 6.8 ± 0.9 years in the 
northern Laptev Sea, and to 10 ± 2.5 at the intersection of the Lomonosov Ridge with the East 
Siberian Shelf (ca. 145ºE). The observed 3H/3He ages range from 12 to 15 years for stations 
located in the Chukchi Abyssal Plain. On the Beaufort Sea slope the mean tracer age values 
increase to 21.5 ± 1.8 years. The oldest ages observed in BSBW are 31 ± 3 years and are found 
in the Switchyard region.  
The BSBW mean ages increase linearly along the Mendeleev Ridge moving from the 
East Siberian Shelf to the southern extension of the Alpha Ridge from 10 ± 2 year to 26 ± 2 
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years.  A front in the apparent tracer ages is observed along the Lomonosov Ridge, separating 
younger waters on the Eurasian side from older values on the Canadian side. The age difference 
across this deep-sea ridge is 6–10 years and occurs over a distance of ca. 200 km, with younger 
waters consistently on the Amundsen Basin side. This striking front in apparent tracer ages is 
noticeable on the isopycnal surfaces of both FSBW and BSBW. In the Eurasian Basin the oldest 
apparent ages are centered over the abyssal plains of the Amundsen and Nansen basins. The 
tracer distribution in the Eurasian Basin shows apparent ages linearly increasing along the 
eastern side of the Gakkel Ridge, with values ranging from 6 to 17 years. The stations with the 
lowest apparent tracer ages in the Canadian Basin are located within a 200km band centered over 
the Mendeleyev Ridge. On a section running from the East Siberian Shelf to the Alpha Ridge, 
apparent tracer ages increase from 10 to 20 years within the FSBW density horizon; and from 14 
to 25 years on the BSBW isopycnal (Figures 2e and 2h).  
1.5 Discussion 
That Atlantic-origin waters move through the Arctic Ocean cyclonically along the 
boundaries of the deep basins and tracking the submarine ridge system has long been known and 
widely confirmed by hydrographic and tracer distribution  (e.g., Coachman & Barnes, 1963; 
Aagaard, 1989; Rudels et al., 1994, 1999; 2004; Smethie et al., 2000; Schauer et al., 2002; 
Polyakov et al., 2005; Woodgate et al., 2007; McLaughlin et al. 2004, 2009;), direct current flow 
measurements (e.g., Newton & Sotirin, 1997; Woodgate et al., 2001; Dmitrenko et al., 2008; 
Pnyushkov et al., 2015). Indeed, at the very onset of Arctic oceanographic expeditions 
Norwegian explorer Fridtjof Nansen observed that the Atlantic-derived subsurface temperature 
maximum was flowing as a “well-defined current and in a cyclonic direction” (Nansen, 1902; 
Helland-Hansen & Nansen, 1912). The distributions of tritium/3He ages on the isopycnal 
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surfaces of the FSBW and BSBW show that their flows are strongly guided by seabed 
topography in agreement with the schematic of Atlantic waters circulation in the Arctic Ocean 
firstly outlined by Rudels et al. (1994) (Figures 3a and 3c). The correlation between transient 
tracer age gradients and circulation paths will be discussed in detail in 5.1. 
1.5.1 Pathways     
We delineate pathways of the FSBW and BSBW circulation patterns by following tracer 
age gradients. The trajectory and distance calculations along different circulation pathways are 
described in detail in section 5.2.  
The mean apparent tracer ages for FSBW at stations located north of Spitsbergen, east of 
Franz Josef Land (longitude λ = 45º E), is 3.4 ± 1.6 years. The relatively young FSBW ages 
observed at stations located off Fram Strait are the result of ventilation and gas exchange in the 
sea ice free zone outside the Arctic Ocean followed by a rapid eastward transport along the 
continental margin of the southern Nansen Basin (Wallace et al., 1992). 
3H/3He apparent age distribution indicates that east of the Santa Anna Trough the two 
branches follow the same flow paths (Smethie et al., 2000). Starting at the entry points to the 
Arctic Ocean we identify flow paths by following the age gradients along surfaces of constant 
potential density around the continental slope and parallel to the major submarine ridges of the 
Arctic Ocean. Applying this method, the boundary current loop along the shelf slope around the 
entire Arctic Ocean is clearly visible (Figure 3). This boundary current is well defined along the 
continental shelf of both the Eurasian Basin (EBBC) and the Canadian Basin (CBBC). 
In addition, we see six more distinct branches, all strongly guided by seabed features and 
in agreement with previously derived flow paths (Figures 3a and 3b). Two of these are located 
within the Eurasian Basin and are directed towards Greenland, i.e., back towards Fram Strait. We 
refer to them as the Eurasian Basin Return Branch (EBRB) roughly parallel to the Gakkel Ridge 
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and the Lomonosov Ridge Amundsen B. Branch (LRAB), flowing along the eastern flank of the 
Lomonosov Ridge (eastern side).  
The next two branches are here referred to as the Lomonosov Ridge Return Branch 
(LRRB), flowing on top of the Lomonosov Ridge, and the Mendeleyev Ridge Returning Branch 
(MRRB), aligned with the Mendeleyev Ridge. Both the LRRB and the MRRB are directed 
towards Fram Strait.  The original circulation scheme of Rudels et al. (1994) outlines a full 
cyclonic circulation cell in the Makarov Basin, with AW flowing towards Greenland along the 
Alpha-Mendeleev Ridge and back to Siberia along the western flank of the Lomonosov Ridge. 
This study only includes the first half of this circulation cell (MRRB), as there are not enough 
data to fully analyze second half due to convergence of different flow paths.  
The 3H/3He age distribution in the Canada Basin interior indicate that fractions/portions 
of the boundary current are diverted northward into the Canada Basin interior along two further 
pathways, off the Chukchi Plateau/Northwind Ridge and one following the Alpha Ridge into the 
central basin. The actual trajectories taken by Atlantic branches west of the Lomonosov Ridge, 
for instance over complex topography north of the Chukchi Sea, are still largely presumed 
(Woodgate et al., 2007).  
AW cyclonically flows along the different circulation branches and eventually exits the 
Arctic Ocean either through the Canadian Archipelago or Fram Strait (Rudels et al., 2012; Dodd 
et al. 2012). Interleaving between water masses with different ventilation histories and hence 
3H/3He ages can also contribute to increase the local spread of apparent tracer ages. This can be 
observed at the intersection of topographic features where different circulation paths converge. 
The junction of the Lomonosov Ridge with the continental shelves of Greenland and Canada, 
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where the three flow branches of LRAB, LRRB, and CBBC intersects, and Fram Strait are two 
examples.  
The circulation pattern established on the basis of 3H/3He apparent age gradients agrees 
with the previously established circulation pathways using hydrographic and current meter data. 
This holds for both the well consolidated loops, such as the outer boundary current, and the ones 
that are less well established. Besides the ageing along the Arctic Ocean boundary current, the 
3H/3He data also show a circulation structure that is correlated with the underlying ridge system.   
Part of the FSBW never reaches the Makarov Basin but recirculates back toward the 
Fram Strait along the Gakkel Ridge and the Lomonosov Ridge filling the Nansen and Amundsen 
basins with warm and saline waters. The Eurasian Basin Return Branch (EBRB) turns north and 
detaches from the continental slope roughly in front of Severnaya Zemlya before flowing back 
towards Fram Strait along the Gakkel Ridge. Within the Eurasian Basin, stations located in the 
Nansen Basin are significantly warmer and more saline than those in the Amundsen Basin in 
accordance with the AW recirculation scheme (Figures 3a and 3b). Rudels et al. (2012; 2013) 
favor the hypothesis that a large fraction of FSBW recirculates in the Nansen Basin rather than 
reaching the Amundsen and Canadian basins. The temperature front aligned with the Gakkel 
Ridge (Figure 2a) is consistent with this assumption. Whereas several studies suggest the 
presence of an Atlantic return flow in the central Eurasian Basin, none provides quantitative data 
on the exact pathway and flow pattern of this branch (Rudels et al., 2000;  Schauer et al., 2004;  
Aksenov et al., 2011). Tracer data indicate the presence of a returning branch on top of the 
Lomonosov Ridge (LRAB and LRRB) and confirm the presence of a faster, more structured 
flow on the Amundsen Basin side of the Lomonosov Ridge.  
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The Atlantic Water 3H/3He age distribution in the Eurasian Basin is clearly correlated 
with the underlying bathymetry. Higher ages are observed in the basin interior over the abyssal 
plains compared to the outer perimeter as defined by the shelf sea margins of the Barents, Kara, 
and Laptev seas in the south, and by the eastern flank of the Lomonosov Ridge in the north.  
In addition, we see six more distinct branches, all strongly guided by seabed features and 
in agreement with previously derived flow paths (Figures 3a and 3b). Two of these are located 
within the Eurasian Basin and are directed towards Greenland, i.e., back towards Fram Strait. We 
refer to them as the Eurasian Basin Return Branch (EBRB) roughly parallel to the Gakkel Ridge 
and the Lomonosov Ridge Amundsen B. Branch (LRAB), flowing along the eastern flank of the 
Lomonosov Ridge (eastern side).  
The next two branches are here referred to as the Lomonosov Ridge Return Branch 
(LRRB), flowing on top of the Lomonosov Ridge, and the Mendeleyev Ridge Returning Branch 
(MRRB), aligned with the Mendeleyev Ridge. Both the LRRB and the MRRB are directed 
towards Fram Strait.  The original circulation scheme of Rudels et al. (1994) outlines a full 
cyclonic circulation cell in the Makarov Basin, with AW flowing towards Greenland along the 
Alpha-Mendeleev Ridge and back to Siberia along the western flank of the Lomonosov Ridge. 
This study only includes the first half of this circulation cell (MRRB), as there are not enough 
data to fully analyze second half due to convergence of different flow paths.  
The 3H/3He age distribution in the Canada Basin interior indicate that fractions/portions 
of the boundary current are diverted northward into the Canada Basin interior along two further 
pathways, off the Chukchi Plateau/Northwind Ridge and one following the Alpha Ridge into the 
central basin. The actual trajectories taken by Atlantic branches west of the Lomonosov Ridge, 
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for instance over complex topography north of the Chukchi Sea, are still largely presumed 
(Woodgate et al., 2007).  
 
 
Figure 3. Schematic of Atlantic waters circulation in the Arctic Ocean after Rudels et 
al. (1994; 2011) displayed on top of the mean apparent 3H/3He ages for the FSBW, shown in 3a, 
and BSBW in 3c. Panels 3b and 3d: mean apparent 3H/3He ages plotted as a function of 
distance from Fram Strait. The apparent spreading rate is obtained from an non-weighted 
linear regression. The principal sources of scatter are the different spreading rates along 
different flow paths. The errors for the apparent velocities consider the 3H/3He age analytical 
error, uncertainty in the distance (± 15%), and uncertainty derived from the linear fit (based 
on 95% confidence bounds; mean error: ± 0.12 cm s-1). 
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The Atlantic water flowing along the different loops of the circulation branches 
eventually exits the Arctic Ocean either through the Canadian Archipelago or the Fram Strait 
(Rudels et al., 2012). Interleaving between water masses with different ventilation histories and 
hence 3H/3He ages can also contribute to increase the local spread of apparent tracer ages. This 
can be observed at the intersection of topographic features where different circulation paths 
converge. The junction of the Lomonosov Ridge with the continental shelves of Greenland and 
Canada, where the three flow branches of LRAB, LRRB, and CBBC intersects, and Fram Strait 
are two examples.  
The circulation pattern established on the basis of 3H/3He apparent age gradients agrees 
with the previously established circulation pathways using hydrographic and current meter data. 
This holds for both the well consolidated loops, such as the outer boundary current, and the ones 
that are less well established. Besides the ageing along the Arctic Ocean boundary current, the 
3H/3He data also show a circulation structure that is correlated with the underlying ridge system. 
Part of the FSBW never reaches the Makarov Basin but recirculates back toward the 
Fram Strait along the Gakkel Ridge and the Lomonosov Ridge filling the Nansen and Amundsen 
basins with warm and saline waters. The Eurasian Basin Return Branch (EBRB) turns north and 
detaches from the continental slope roughly in front of Severnaya Zemlya before flowing back 
towards Fram Strait along the Gakkel Ridge. Within the Eurasian Basin, stations located in the 
Nansen Basin are significantly warmer and more saline than those in the Amundsen Basin in 
accordance with the AW recirculation scheme (Figures 3a and 3b). Rudels et al. (2012; 2013) 
favor the hypothesis that a large fraction of FSBW recirculates in the Nansen Basin rather than 
reaching the Amundsen and Canadian basins. The temperature front aligned with the Gakkel 
Ridge (Figure 2a) is consistent with this assumption. Whereas several studies suggest the 
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presence of an Atlantic return flow in the central Eurasian Basin, none provides quantitative data 
on the exact pathway and flow pattern of this branch (Rudels et al., 2000;  Schauer et al., 2004;  
Aksenov et al., 2011). Tracer data indicate the presence of a returning branch on top of the 
Lomonosov Ridge (LRAB and LRRB) and confirm the presence of a faster, more structured 
flow on the Amundsen Basin side of the Lomonosov Ridge.  
The Atlantic Water 3H/3He age distribution in the Eurasian Basin is clearly correlated 
with the underlying bathymetry. Higher ages are observed in the basin interior over the abyssal 
plains compared to the outer perimeter as defined by the shelf sea margins of the Barents, Kara, 
and Laptev seas in the south, and by the eastern flank of the Lomonosov Ridge in the north.  
1.5.2 Apparent Spreading Velocities  
3H/3He apparent ages not only provide a clear and independent delineation of the Atlantic 
water circulation patterns, but also provide time scales for the circulation of Atlantic water in 
Arctic Ocean. A branch of water with low3H/3He age gradients along its pathway corresponds to 
a ‘fast’ loop, whereas the branches with higher 3H/3He age gradients have a slower velocity flow 
rate. 
In order to determine the apparent spreading rates, we first need to estimate the distances 
FSBW and BSBW have traveled away from their injection points along the different flow paths. 
In accordance with prior work cited above and our own analysis of the hydrographic data 
(Mauldin et al., 2010 and this study), we measure distance along the principal currents parallel to 
the bathymetric isolines. Thus, we calculate the distances traveled by the Atlantic water along the 
individual branches based on the continental slopes, ridges, and fracture zones (Mauldin et al., 
2010). The starting point (distance = 0 km) for both Atlantic branches is arbitrarily set in Fram 
Strait at 7.82ºE and 78.78ºN, between Spitsbergen and the Svyatogor Rise and is marked by a 
white star in Figure 4). The distances from this point are measured by tracing the shortest isobath 
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along the continental slope or other topographic features using the International Bathymetric 
Chart of the Arctic Ocean (IBCAO) v3 500m-resolution bathymetric data (Jakobsson et al., 
2012). The center of mass of the boundary current is located above the continental slope at water 
depths of 1,000–2,000 m (Woodgate et al., 2001; Woodgate et al., 2007). The hydrographic 
stations closest to Fram Strait, northeast of Spitzbergen, are located at a distance of 1100–1300 
km (ARK-IV/3, 1987; Oden, 1991; ARKIX/4, 1993) from the entry point in Fram Strait defined 
above. The St. Anna Trough is located at ca. 2,010–2,100 km from this entry point (e.g., ARK-
XII, 1996; ARK-XI/1, 1995). The junction of the Lomonosov Ridge with the Eurasian continent 
stretches between 3580 km (Amundsen Basin side) and 3750 km (Makarov Basin side). Stations 
located on the continental slope of the southern Canada Basin/Beaufort Sea stretching from Point 
Barrow (ca. 158ºW) to the Amundsen Trough (130ºW), are located at 6600 km–7900 km 
distance from the entry point. The Switchyard Region, the farthest point from the entry location 
in Fram Strait for which we have data, is at approximately 10,000 km. Finally, the complete loop 
around the continental slope to the exit from the Arctic Ocean is ca.11000 km long. In this 
analysis, the end point is set in the western section of the Fram Strait, off the East Greenland 
Continental Shelf at 5ºW and 78.78ºN. 
The boundary current circulation branches (EBBC and CBBC) are traced following the 
1000 m isobath (Figure 4a and 4c). As we move further east, several bathymetric features 
generate uncertainties in the path length estimation. For example, as it crosses the Chukchi 
Borderlands, the AW branches can flow along three different trajectories (Shimada et al., 2004; 
Woodgate et al., 2007). First, they can loop north of the Chukchi Rise and north of the 
Northwind Ridge (1800-m isobath; length ca. 1200km). Next, they can flow through the Chukchi 
Gap, south of both the Chukchi Rise and the Northwind Ridge (following the 600-m isobath; ca. 
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550 km route). Lastly, they can loop north of the Chukchi Rise and south of the Northwind 
Ridge (following the 1000-m isobath; ca. 1,350 km route). The maximum difference is ca. 700 
km (± 12%) calculated for this branch of the rim current (CBBC). In our distance calculations, 
we use the third, intermediate, flow path.  
 
Figure 4. Geographical locations and mean apparent 3H/3He ages plotted as a function 
of distance for the hydrographic stations used to calculate the spreading rates for FSBW 
shown in Table 2. Data points in 5a and 5b are color coded by the corresponding circulation 
branch. The factor of 2.78 ± 0.83 cm s-1 used to obtain corrected current velocities is based on 
Mauldin et al. (2010). The errors for the apparent velocities consider the 3H/3He age analytical 
error, uncertainty in the distance (± 15%), and uncertainty derived from the linear fit (based 
on 95% confidence bounds; mean error: ± 0.10 cm s-1). 
Tables 2 and 3 summarize the results for the entire dataset, as well as for the individual 
circulation branches. Tritium/3He age data from water samples included in the FSBW and 
BSBW water mass definitions plotted as a function of distance from Fram Strait follow a linear 
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trend (Figure 4b and 4d). When water samples falling within the FSBW density range and from 
stations along the continental rim or one of the circulation branches outlined in Figure 4a are 
included (242 stations), an unweighted least square fit of the data yields a slope of 275 km yr−1, 
equivalent to an apparent velocity of 0.87 ± 0.17 cm s−1 (R2 = 0.89) (Figure 4b). The same 
calculation for the BSBW yields a slope of 214 km yr−1, equivalent to an apparent spreading 
velocity of 0.68 ± 0.14 cm s−1 (192 stations, R2 = 0.75).  
Our analysis of the pathway of the FSBW in Arctic Ocean boundary current includes 75 
continental slope stations, of which 50 are located in the Eurasian Basin (EBBC) and 25 in the 
Makarov and Canada basins (CBBC) For the outer loop, including stations along the continental 
shelf from Svalbard to the Switchyard region, we estimate a mean apparent velocity is 0.88 ± 
0.19 cm s−1 (R2 = 0.93) (Figure 5). These stations are marked in Figure 5 by dark blue and red 
dots to indicate EBBC and CBBC respectively. Stations located downstream of the Lomonosov 
Ridge junction with the continental shelf follow different trends.  They fall on a slope that is 
different from the one for the Eurasian Basin, with slower spreading rates obtained in the Canada 
Basin than in the basins upstream. The linear regression including only the data points on the 
Eurasian side of the Lomonosov Ridge (EBBC) yields a FSBW apparent velocity of 1.27 ± 0.50 
cm s−1 (R2 = 0.58). Downstream of the ridge, we estimate an apparent velocity of 0.71 ± 0.18 cm 
s−1 (R2 = 0.95) for the FSBW. A slower boundary current transport for the core of the Atlantic 
layer in the Canada Basin than in the Eurasian Basin was originally proposed by Aagaard (1989) 
and has been confirmed by current meter data (Woodgate et al., 2001; Pnyushkov et al., 2015) 
and models (e.g., Aksenov et al., 2011). The decrease in the mean current flow coincides with a 
split in the boundary current into two separate branches at the intersection of the Lomonosov 
Ridge with the shelf slope, with roughly 3 ± 1 Sv flowing north along the ridge and 2 ± 1 Sv 
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following eastward into the Makarov Basin (Woodgate et al., 2001). Lower velocities in the 
eastward Canadian Basin current have been explained by the reduced PV lateral influx in the 
Canadian Basin compared to the Eurasian Basin (Yang et al., 2005); and by the local 
anticyclonic Beaufort Gyre’s effect on ocean circulation extending down into the Fram Strait 
Branch of the Atlantic layer (McLaughlin et al., 2009; Woodgate et al., 2001; Karcher et al., 
2012). We note in addition that reduced volume fluxes will carry with them a proportional 
decrease in the momentum (and PV) fluxes, while the dissipation of momentum along the 
continental slope, which is proportional to the layer thickness, is not diminished. The current 
then must slow to maintain a steady balance between momentum (or PV) input and dissipation.  
The apparent velocity calculations for BSBW in the outer loop include data from 54 
continental slope stations; out of these 22 are located in the Eurasian Basin (EBBC), and 32 east 
of the Lomonosov Ridge (CBBC). These stations are marked by dark blue (EBBC) and red dots 
(CBBC) in the map and scatter plot (Figures 6a and 6b). The mean apparent spreading rate for 
the entire outer loop, from the Santa Anna Trough to the Switchyard Region is 0.79 ± 0.13 cm 
s−1 (R2 = 0.97). The mean apparent velocity in the EBBC is 0.67 ± 0.20 cm s−1 (R2 = 0.87); and 
0.74 ± 0.16 cm s−1 (R2 = 0.95) along the Canadian continental slope. The slowest apparent 
spreading rates for FSBW and BSBW in the Eurasian Basin are observed at the returning branch 
along the Gakkel Ridge, EBRB, and are 0.36 ± 0.19 cm s-1 and 0.39 ± 0.21 cm s-1 respectively.   
Tracer data indicate the presence of a slower current over the Lomonosov Ridge (LRRB) 
in addition to the returning branch in the Amundsen Basin (LRAB). The returning flow tracking 
the eastern flank of the Lomonosov Ridge (LRAB) is significantly faster than that for stations on 
top of the Lomonosov Ridge. The apparent velocities for FSBW along LRAB and LRRB are 
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0.61 ± 0.27 cm s-1 and 0.2 ± 0.12 cm s-1 respectively. Similarly, the LRAB and LRRB apparent 
velocities for BSBW are 0.89 ± 0.27 cm s-1 and 0.19 ± 0.10 cm s-1 respectively. 
 
Figure 5. Geographical locations and mean apparent 3H/3He ages plotted as a function 
of distance for the hydrographic stations used to compute the spreading rates for BSBW 
shown in Table 3. Data points in 6a and 6b are color coded by corresponding the circulation 
branch. 
1.5.3 Correction of Apparent Spreading Velocities/Correcting for Mixing 
The velocities calculated from 3H/3He ages along the Atlantic water pathways are not the 
same as the actual advective velocities because the tracer velocities are shifted by the effects of 
mixing.  (Wallace et al., 1992; Schlosser et al.,1995). Entrainment of older waters from the basin 
interiors systematically increases the 3H/3He ages in the boundary current and major circulation 
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branches, which makes the apparent (tracer) velocities slower. In addition, the impacts of mixing 
are non-linear, so that conceptual and/or numerical modeling is required to quantify corrected 
velocities from the apparent ones.  In this contribution, we apply a unique correction factor to the 
apparent velocities along the boundary current and across different circulation branches. 
Specifically, we refer to the correction factor derived from direct velocity measurements and 
model outputs (Woodgate et al., 2001;  Polyakov et al., 2005;  Dmitrenko et al., 2008;  Mauldin 
et al., 2010;  Polyakov et al., 2010).  To correct the 3H/3He apparent velocity for the effects of 
mixing for the BSBW along the continental slope and the western side of the Lomonosov ridge, 
Mauldin et al. (2010) model the Arctic Ocean boundary current from the Santa Anna Trough as a 
leaky pipe. The authors found an apparent spreading rate of 0.9 ± 0.2 cm s-1; and a modeled 
velocity of 2.5 ± 0.5 cm s-1. The resulting correction factor is 2.78 ± 0.83. The error (ε',(&&) for 
each corrected velocity (v	',(&&) is calculated as the square root of the sum of the fractional error 
of the apparent velocity (ε	'
.// v	'
.//)2  and the correction factor fractional error. I.e.,  ε',(&& =
v	',(&& ∙ 45ε	'
.// v	'
.//2 60 + (0.83 2.78⁄ )0 . 
Applying the same correction factor to both branches and to circulation branches away 
from the continental slope is a first-order approximation: renewal and mixing rates are not 
constant with depths, nor are the same along the boundary current and the basin interior (Smethie 
et al., 2000). This correction has limits but also strength in its simplicity as it allows us to 
compare tracer-derived current velocities with the available direct current measurements and 
simulated rates.  For instance, mooring measurements support that mixing in the boundary 
current is faster near the Lomonosov Ridge where the flow splits into two branches (Woodgate et 
al., 2001). The corrected velocity values for FSBW and BSBW are summarized in Tables 2 and 
3. After correcting for mixing, the FSBW mean velocity along the boundary current is 2.42 ± 
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0.87 cm s-1. The corrected velocities east and west of the Lomonosov Ridge are 3.53 ± 1.75 cm s-
1 (EBBC) and 1.97 ± 0.77 cm s-1 (CBBC) respectively.  The corrected spreading rate for BSBW 
along in the EBBC is calculated to be 1.85 ± 0.79 cm s-1; and 2.06 ± 0.76 cm s-1 in the CBBC.  
Using these corrections, it takes the FSBW 14.7 ± 5.2 years to complete the entire loop along the 
Arctic Ocean basins following the continental slope (1000 m isobath) for ca. 10500 ± 1500 km. 
FSBW reaches the Laptev Sea in approximately 2.8 ± 1.4 years; and returns to Fram Strait in ca. 
7.4 ± 3.0 years along the Amundsen Basin side of the Lomonosov Ridge (LRAB); and in 9.0 ± 
4.4 years along the Gakkel Ridge. It takes BSBW 13.5 ± 4.6 years to complete the circumpolar 
boundary current loop from the Santa Anna Trough to Fram Strait (ca. 8640 ± 1100 km).  
The wide spread of apparent ages at similar distances suggest that the spreading rates 
might vary across individual circulation branches. Thus, we separated the correlations by 
circulation branch. As a result, the overall age/distance correlation could be broken down into a 
set of distinct correlations for the individual circulation branches with different and statistically 
significantly slopes (Figures 5 and 6). Spreading rates for the individual circulation branches 
computed for FSBW and BSBW are presented in Tables 2 and 3.  
1.5.4 Dynamical Considerations 
The basic structure of the Atlantic Water circulation in the Arctic Ocean regime is that of 
a robust cyclonic boundary current following the continental shelves and submarine ridges, with 
faster velocities observed along the boundary currents along the continental slope. The flow is 
largely barotropic below the halocline with most of the vertical shear provided by the halocline 
slope (Spall, 2013). While flow motions of the mixed layer and upper halocline are dominantly 
forced by surface stress, the Atlantic Layer is too deep in the water column to be directly 
influenced by shear stresses generated by winds and sea ice motions. Rather, horizontal pressure 
gradients must drive these branch currents, either from sea-surface height gradients or from 
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density gradients caused by thermohaline processes, such as the salinity contrast between the 
saline Atlantic inflow and freshwater from a variety of sources are ultimately responsible for 
establishing and maintaining the circulation of FSWB and BSBW (Spall, 2013).  Spall (2013) 
demonstrated that the Atlantic boundary current along the continental slope can be derived from 
addition of freshwater over the shelf seas.  
Notwithstanding that the notion the Atlantic waters flowing as a topographically guided, 
cyclonic boundary current following the continental shelf was introduced at the onset of Arctic 
oceanographic expeditions and repeatedly confirmed by later studies, the understanding of the 
AW advective pathways in the interior and along secondary flow paths is still primitive and 
largely not validated by direct observations (Smethie et al., 2000;  Aksenov et al., 2011). The 
dominating effect of the underlying topography on the Atlantic Water flow propagation in the 
Arctic Ocean has been reported in numerous contributions, and yet its driving forces and 
mechanism have not yet been fully understood (Holloway, Smethie et al., 2000; Shimada et al., 
2004; Aksenov et al., 2011).  
Numerous experimental and modeling studies have linked the predominantly cyclonic 
circulation in the Atlantic Layer around the Arctic basins to the potential vorticity (PV) influx 
from the surrounding shelf seas, such as the BSBW inflow at the Santa Anna Trough (e.g., 
Woodgate et al., 2001; Yang, 2005; Karcher et al., 2007). Holloway (1987) identifies the eddy-
topography interactions as a major source of PV and a driver of the boundary current mean flow, 
with a strength comparable to wind or thermohaline forcing (Nazarenko et al., 1998; Polyakov, 
2001; Holloway, 2004). It is postulated that in a semi-enclosed ocean, such as the Arctic Ocean, 
the balance between the net PV inflow and its dissipation along the boundary current determines 
the direction of rotation of the flow (Yang, 2005). According to the principle of conservation of 
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potential vorticity, signals are advected along contours with a constant ratio between the Coriolis 
parameter and water depth. In the Arctic Ocean it is safe to assume the Coriolis parameter to be 
constant. Thus, the principle of conservation of potential vorticity provides a first-order 
dynamical explanation of fact that the flow at all depth levels is directed parallel to bathymetric 
contours, so that ‘rim’ currents appear, following slopes and ridges. While balance of lateral 
potential vorticity influx and dissipation by cyclonic boundary currents in the Eurasian Basin can 
explain a large part of the flow regime, other factors, external and internal, can play a role for the 
Atlantic Water circulation in the Arctic Ocean. For instance, seasonal winds can move the center 
of the boundary current both toward and away from the continental shelf (Dmitrenko et al., 
2008).  Several studies have postulated a partial coupling/interaction between the Beaufort Gyre 
and the Atlantic flow in the Canada Basin (Karcher et al., 2012). According to this theory, an 
intensified (weaker) anti-cyclonic flow in the Beaufort Gyre, tends to weaken (intensify) the 
cyclonic Atlantic flow (Karcher et al., 2007).  
Vertical mixing is another physical parameter that can significantly affect the Arctic 
Ocean boundary current by changing the water stratification which in turn affects the PV of 
inflowing waters.   Zhang and Steele (2007) examine the relevance of vertical mixing in 
affecting the direction of rotation of the AW by altering the vertical distribution of salinity and 
ultimately the strength of local stratification. The authors use an ice-ocean model from the 
AOMIP sets to study how different vertical mixing schemes in numerical models generate 
diverging circulation scenarios for the Atlantic Layer.  
1.5.5 Comparison with Previous Studies 
We discuss our tracer-derived velocities in the context of mooring-based data from 
current meters and profiling devices (Woodgate et al., 2001; Pnyushkov et al., 2015; 
Nikolopoulos et al., 2009; Newton & Sotirin, 1997), estimates from propagation of warm 
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temperature anomalies and hydrographic fronts (Polyakov et al., 2005;  Dmitrenko et al., 2008; 
Shimada et al., 2004; Woodgate et al., 2007), and model-generated flow speeds along the 
boundary current (Karcher et al., 2003;  Holloway et al., 2007;  Aksenov et al., 2011;  Karcher et 
al., 2012;  Pnyushkov et al., 2013)  (Table 4). When comparing the tracer-derived velocities with 
other direct observations and anomaly propagation estimates, it is important to consider that 
these methods capture different components of the flow. Transient tracers and anomaly 
propagations can be represented as dye-release experiments (Lagrangian measurements) with a 
large number of drifting elements without identifiers (molecules). Current meters and profilers 
provide time series of the velocity at fixed geographic locations (Eulerian measurements).  
Direct Observations and Anomaly Propagations 
First, we compare the tracer-derived spreading rates with previously published velocity 
data at the continental slope of the Eurasian and Canadian Basins and along the Amundsen Basin 
returning branch off the Lomonosov Ridge (Figure 7). The mooring data used in this 
contribution were collected between 1995 and 1997 (Woodgate et al., 2001; Newton & Sotirin, 
1997) and from 2002 to 2011 (Dmitrenko et al., 2008; Pnyushkov et al., 2015; Nikolopoulos et 
al., 2009). Along-slope velocity data from direct measurements are expressed as long-term mean 
current flows derived by averaging time series of the Atlantic core (FSBW) properties and 
produced by a variety of instruments: (1) Acoustic Doppler Current Profilers (ADCPs); (2) 
Acoustic Travel-Time Current Meters (ACMs); (3) McLane Moored Profilers (MMPs), and (4) 
Recording Current Meters (RCMs). Standard errors of mean current speeds among all the 
instruments range from 0.3 to 1 cm s-1; and uncertainty in current direction is ca. ± 2º to 3º. The 
majority of the available velocity observations were obtained along Eurasian Basin margin: out 
of the 11 moorings used in our comparisons only 3 are located in the Canadian Basin and two 
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away from the continental slope and along the Lomonosov Ridge. Thus, we restrict the 
comparisons to the FSBW flow in the boundary current and the returning flow along the 
Lomonosov Ridge, corresponding to the following circulation branches: EBBC, CBBC, and 
LRAB. 
The intensity of the Atlantic boundary current experiences large variability at seasonal, 
inter-annual, and decadal time scales. In our comparison, it is necessary to consider that a strong 
seasonal signal and year-to-year modulation introduce uncertainty to the mean current speeds 
used in our velocity comparisons. In the Eurasian Basin the seasonal cycle amplitude ranges 
from ca. 10 cm s-1 northeast of Fram Strait to ca. 3 cm s-1 at the Laptev Sea slope, where it 
accounts for 70% of the measured mean current speed (Pnyushkov et al., 2015). For instance, 
two 1-year long records for the FSBW velocity measured at the same location on the Laptev Sea 
slope (79.9 ºN and 142.35 ºE) during the periods of September 2004–2005 and September 2005–
2006 ranged from 3 to 6 cm s-1 (Dmitrenko et al., 2008; Pnyushkov et al., 2015). 
Typical velocities measured in the Atlantic Layer of the Arctic Ocean are of the order of 
2–5 cm s-1 (e.g., Woodgate et al. 2001, 2007; Pnyushkov et al., 2015). Current velocities above 
20 cm s-1 are observed at the two sites close to the injection point into the Eurasian Basin. They 
are the result of strong density gradients across the eastern flanks of Fram Strait and the St. Anna 
Trough. Mooring-based observations from Fram Strait and Svalbard show a much stronger 
current intensity with maximum speeds of O (22–24 cm s-1 at 220–250 m) (Ivanov et al., 2009;  
Pnyushkov et al., 2015). Similarly, there is evidence of velocities of O (17–22) cm s-1 for BSBW 
inflow at the Santa Anna Through (Dmitrenko et al., 2015). Repeated measurements support an 
FSBW velocity decreases by more than 5-fold from north of Fram Strait to the Laptev Sea, from 
22 ± 2 cm s-1 to 4 ± 2.5 cm s-1 (Pnyushkov et al., 2015). The sharpest reduction in FSBW 
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velocity occurs between Svalbard and Franz Joseph Land, where the measured current slows 
from ca. 20 cm s-1 to 8 cm s-1 over less than 1000 km. This weakening of the FSWB flow has 
been addressed by several studies that have correlated it to an increase of the baroclinic 
component of the flow in the boundary current (Pnyushkov et al., 2015) and to the notion of a 
progressive propagation speed decrease at higher latitudes (Swift et al., 1997), but it is outside 
the scope of this contribution.  
Direct velocity measurements at the Laptev Sea slope, spanning a distance of roughly 
1500 km, range from 2.2 to 6.0 cm s-1. When calculating the average all the available mooring-
based data for the Eurasian boundary current (EBBC), from Franz Joseph Land to the eastern 
Laptev Sea, we obtain a mean velocity of 4.45 ± 1.9 cm s-1 (12 ± 2.4 cm s-1 if including velocity 
data from Fram Strait and Svalbard). This is in reasonable agreement with our results of 3.53 ± 
1.75 cm s-1.  
Along the Canadian Basin continental shelf, the mooring sites are sparser with only three 
locations: from west to east, the first one is located off the eastern flank of the Lomonosov Ridge 
(JAS 1995–1996, Woodgate et al., 2001), the next along the southern Canada Basin slope (July 
2002–September 2004, Nikolopoulos et al., 2009), and the last in the Switchyard Region (April 
1991–Apr 1992, Newton and Sotirin, 1997). Besides providing observational evidence for the 
mean along-slope current velocity, current meter measurements along the Canadian Shelf 
support the presence of a well-structured, cyclonic boundary current that is continuous around 
the Arctic Ocean basins.  
Current meter velocity data for the AW along the Canadian Basin Boundary Current 
(CBBC), range from 2.7 to 4 cm s-1, corresponding to a mean along-slope velocity of 3.2 ± 1.9 
cm s-1 (Woodgate et al., 2001; Nikolopoulos et al., 2009; Newton & Sotirin, 1997). The tracer-
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derived velocity for the CBBC is 1.97 ± 0.95 cm s-1. Overall, the averaged velocity from direct 
measurements along the Arctic Ocean circumpolar boundary current, from Franz Joseph Land to 
the Switchyard Region is 3.4 ± 2.5 cm s-1. This compares reasonably well with our value of 2.45 
± 0.90 cm s-1. Lastly, the mean velocity from moorings data at the eastern side of the Lomonosov 
Ridge is 1.6 ± 0.9 cm s-1 (Pnyushkov et al., 2015; Woodgate et al., 2001). This compares 
favorably the tracer-derived speed of 1.7 ± 0.91 cm s-1. Notably, our results are in agreement 
with direct measurements in supporting lower velocities in the Canadian Basin than in the 
Eurasian Basin. Woodgate et al. (2001) observed that velocities in the boundary current slow 
down after the current bifurcation at the junction of the Lomonosov Ridge with the continental 
margin.  In the 20th Century the AW inflow at Fram Strait into the Arctic Ocean has exhibited 
large decadal variability, with alternating warming and cooling periods recorded in the 1930s-
40s and 1960s-70s, respectively (Polyakov et al., 2004). During the early 1990s and mid 2000s, 
positive temperature anomalies of up to 1.7 ºC (compared to the 1970s climatology) were 
measured in the West Spitzbergen Current in the Norwegian Sea, in the branch crossing Fram 
Strait, and later observed further east along the Eurasian and Canadian Basin slopes (Quadfasel 
et al., 1991;  Morison et al., 1998;  Polyakov et al., 2005;  Ivanov et al., 2009;  Polyakov et al., 
2010). Swift et al. (1997) propose that the warm anomalies in the AW which penetrate the Arctic 
Ocean through Fram Strait can be treated as tracers advected along the boundary current. 
Numerous studies obtained velocity estimates for the boundary current from tracking AW warm 
pulses propagating eastward along the continental margins of the Eurasian and Canadian Basins 
(e.g., Frank et al., 1998; Shimada et al., 2004; Polyakov et al., 2005; Dmitrenko et al., 2008).  
Polyakov et al. (2005) estimate a travel time of 4.5 to 5 years for the 1990s warm 
temperature anomaly from Fram Strait to the western side of the Lomonosov Ridge. These travel 
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times for the FSBW compares favorably with the mean FSBW 3H/3He age differences calculated 
from stations in the same region of 5.2 years (range: 4–6.4 years).  Dmitrenko et al. (2008) 
calculated that the early 2000s Atlantic Water warm pulse penetration rate between two 
moorings at the Laptev Sea slope margins (ca. 400 km apart) was ca. 2.2–2.7 cm s-1, significantly 
faster than the 1.5 ± 0.6 cm s-1 estimated by Polyakov et al. (2005). Both results are consistent 




Tracking the penetration of the 1990s warm pulse into the Canadian Basin, Shimada et al. 
(2004) estimate a period of ca. 10–13 years for the warmer FSBW to reach the Canadian slope, 
east of the Chukchi Borderlands, approximately equivalent to a speed of ca. 1.8–2.2 cm s-1. This 
is in reasonable agreement with the mean tracer apparent age of 14.7 (range: 10.3–17.4) years we 
derive from our data. As discussed in a previous section, there are several possible pathways the 
Atlantic Water can follow around and south of the Chukchi Plateau, namely through the Chukchi 
Gap or north of the Chukchi Plateau and the Northwind Ridge. This introduces additional 
uncertainty in the spreading rates estimates due to the difference in time scales along the 
different pathways. Woodgate et al. (2007) estimate an average current speed of 1.5 ± 1 cm s-1 
for Atlantic Water flow by tracking thermohaline intrusions over the regions of the Mendeleev 
Ridge and Chukchi Borderland.  Shimada et al. (2004) estimate a propagation time of 10 to 13 
years for the 1990’s warm temperature anomalies to penetrate to the eastern Canadian Basin, east 
of the Northwind Ridge, along the continental ridge. The CBBC velocity estimate obtained from 
this travel time is 1.8–2.2 cm s-1. Both results are in good agreement with our CBBC velocity 
estimate of 1.97 ± 0.77 cm s-1. 
Models  
Most models can consistently simulate the major features of the Arctic Ocean circulation, 
such as the continuous cyclonic boundary current along the continental margins of the Eurasian 
and Canadian Basins (e.g., Holland et al., 1996; Karcher & Oberhuber, 2002; Karcher et al., 
2003; Karcher et al., 2007; Aksenov et al., 2011). Yet, they still cannot realistically reproduce 
the finer structure of the returning circulation branches tracking the Gakkel and Alpha-
Mendeleev Ridges, nor can they provide information on the different time scales along these 
secondary pathways. There still are discrepancies among model outputs, as well as between 
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model and observations (Holloway et al., 2007;  Karcher et al., 2012). Different physical 
parametrizations are a contributing factor in these discrepancies. For instance, there are 
substantial differences in boundary current strength and large-scale sense between outputs 
generated by models implementing the traditional ‘frictional’ eddy parameterization and those 
from models adopting the ‘Neptune Effect’ (Holloway, 1996; 2004). According to the ‘Neptune 
Effect’, eddies act to propel the mean flow in correspondence of relatively steep topography, 
rather than to damp it (the mean flow) as assumed in the traditional friction parametrization 
(Nazarenko et al., 1998; Holloway, 2004). The PV-induced boundary current flow is further 
enhanced by the ‘Neptune effect’ parameterization (Holloway et al., 2007; Holloway & Wang, 
2009). ‘Neptune’ models generate faster, more structured cyclonic boundary currents, that are 
consistently cyclonic in the Eurasian and Canadian Basins in agreement with the Rudels’ 
cyclonic gyres and our results.  
As shown by the Arctic Ocean Model Intercomparison Project (AOMIP) experiments, 
even models implementing identical forcing ensembles produce significantly different pictures of 
the Arctic Ocean mean hydrographic properties and circulation structure (Karcher et al., 2007; 
Holloway et al., 2007).  AOMIP models apply the same forcing fields but differ in model grid 
spacing/resolution. An important parameter to consider in the context of ocean simulations is the 
ratio between the model resolution to the local Rossby radius, which determines the average 
eddy size. As a general rule, to properly resolve eddies the ratio needs to be less than or equal to 
0.5 (e.g., a minimum of two grid points per eddy); and between 0.5 and 1 to permit them (Hecht 
& Smith, 2008). For reference, the typical best resolution in oceanic general circulation models 
(OGCMs) is ca.10 km (or 1/10º). Eddy-resolving models do no longer need parameterization 
thus further improving consistency across simulations (Hallberg, 2013). In the Arctic Ocean, the 
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Rossby radius ranges from ca. 5 km in the Nansen Basin to ca. 15 km in the interior of the 
Canadian Basin, and it is typically 7 km at the continental slope (Nurser & Bacon, 2014). 
Therefore, a 1/12º (ca. 9 km) model can resolve eddies in large regions of the Arctic Ocean, but 
not everywhere. This might explain why numerical simulations are able to capture the cyclonic 
boundary current at the continental slope and to partly replicate the basin-wide cyclonic gyres, 
such as the returning circulation branch along the Lomonosov Ridge, but not the smaller scale 
flow along submarine ridges. Experiments indicate that eddy-resolving models produce more 
realistic simulations of the Arctic circulation not only than coarser-resolution 1º models can but 
also than eddy-permitting (1/4º) models (Merryfield & Scott, 2007; Maslowski et al., 2008; 
Aksenov et al., 2011).  
Given the topographically-guided nature of the AW circulation in the Arctic Ocean and 
the notion that eddy–topography interactions effectively enhance the boundary current, the 
quality and resolution of the input bathymetric data are crucial to improve the model skills. 
Unfortunately, there are still large observational gaps in our knowledge of the AO bathymetric 
features. Using a high-resolution (1/12º) global Ocean Circulation and Climate Advanced Model 
(OCCAM: Killworth et al., 1991) Aksenov et al. (2011) replicate the continuous cyclonic flow 
around the whole Arctic periphery and calculate velocities in good agreement with direct 
measurements. The modeled velocities in the Eurasian Basin range from 14 to 4 cm s-1, with the 
fastest currents (8–14 cm s-1) close to of Svalbard and the slowest values (4–6 cm s-1) at the 
Siberian Shelf, (Table 4).  
Over the Canadian Basin, the simulated velocities range from 4 to 7 cm s-1. The study 
also estimates a seasonal cycle of 2 to 4 cm s-1, with stronger flow during the winter months. The 
FSBW potential temperature distribution derived by Aksenov et al. (2011) shows remarkable 
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similarities to our results, presented in Figure 3a. It captures the upper branch progressive 
cooling downstream Fram Strait along continental slope, a marked temperature gradient across 
the Lomonosov Ridge, as well as a warmer tongue in the central Eurasian Basin indicating 
recirculation and the current branching at the Lomonosov Ridge. The modeled temperature 
structure for the BSBW displays a sharp temperature difference between the Eurasian and 
Canadian Basins, in disagreement with our multi-year average that indicates a much more 
uniform distribution/weaker modifications for the deeper Atlantic branch. The authors also 
present a picture of the general circulation pathways derived from a novel application of 
Montgomery function analysis. Notably they are able to represent the interactions with the 
underlying bathymetry around the Chukchi Plateau and partly capture the branching of the 
boundary current at the Lomonosov Ridge, Alpha-Mendeleev Ridge.  
Spall (2013) shows that the large-scale characteristics of the Atlantic Water cyclonic 
boundary current can be predicted by a numerical model only using the density gradients 
between the Atlantic Water and the freshwater coming off the Arctic shelves. The study 
produces a modeled velocity for the AW inflow at Fram Strait (eastern side) of 4–10 cm s-1 and 
is associated with a net northward transport of 5.6 Sv (Spall, 2013).  
Kelly et al. (2018) use a high resolution ocean model (1/12º Nucleus for European Modelling of 
the Ocean NEMO, Madec (2014)) combined with a Lagrangian particle-tracking experiment to 
study the advective trajectories and time scales of a potential pollutant release/oil spill in the 
Arctic Ocean. Interestingly, the simulation not only confirm the well-known circulation pattern 
of a narrow well-structure eastward boundary current, but also replicate the flow branching at the 
Lomonosov Ridge and produce advective rates along the Eurasian shelf break (Severnaya 
Zemlya, Laptev Sea, New Siberian Island) approximately twice as fast as those along the 
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Canadian continental slope (East Siberian Sea-Chukchi Shelf). The velocities obtained from the 
modeled distances traveled by the Lagrangian particles in two years range from 1.13 ± 0.64 cm s-
1 (Canadian Basin) to 2.16 ± 1.52 cm s-1 (Eurasian Basin) (Kelly et al., 2018). For comparison, 
the velocities along the CBBC and EBBC calculated in this study are 1.97 ± 0.77 cm s-1 and 3.53 
± 1.75 cm s-1 respectively. 
1.6 Conclusions  
In our analysis we combined 3H/3He age data collected between 1987 and 2013 to address 
circulation patterns and mean spreading rates of Atlantic waters in the Arctic Ocean. The ages 
reveal new information on AW circulation patterns and spreading velocities, independently 
corroborating the previously estimated circulation schemes, and adding a time dimension to the 
analysis of the circulation patterns. Tracer data suggest that the Atlantic waters follow 
topographic slopes cyclonically (anticlockwise) around the continental slope and along the ocean 
ridges, with the core of the current lying between the ~500-1000 m isobaths. Mean spreading 
velocities differ considerably between the individual branches of the overall circulation pattern. 
The average apparent spreading velocity for the FSBW calculated from the 3H/3He data is 
0.87 ± 0.17 cm s–1 (R2 = 0.89), with a range of ca. 0.2 to 1.3 cm s–1 depending on the individual 
branch of the circulation pattern.  The average apparent spreading velocity for the deeper branch, 
BSBW, is 0.68 ± 0.14 cm s–1 (R2 = 0.75) and varies from ca. 0.2 to 0.9 cm s–1 across the different 
circulation pathways.  Our data indicate that the general circulation patterns and mean spreading 
velocities of the Atlantic inflow/branch waters have been relatively stable between 1987 and 
2013 despite observational evidence of dramatic changes in the upper Arctic Ocean over the 
same period. Preliminary analysis of transient tracer data from the 2015 U.S. Arctic 
GEOTRACES (GN01) reoccupations of the Oden section in 2005 and the Arctic Ocean Section 
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in 1994 of the Canadian Basin indicates a shift towards longer residence times (i.e., the mean 
3H/3He apparent ages  are 9 to 12 years older in 2015) in the Atlantic layer at stations along the 
boundary current but no significant changes away from the continental shelf (e.g., at the North 
Pole and along the Alpha Mendeleev Ridge. Manuscript in preparation). Future measurements 
will show if this deviation is an anomaly or a long-term trend. 
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Chapter 2: Circulation Pathways and Spreading Rates of the 
Halocline Waters in the Arctic Ocean Derived from Three Decades 
of Tritium/3He Observations 
2.1 Introduction 
Because of the large river discharge entering the Arctic Ocean, its surface is characterized 
by a thin layer of fresh, cold waters. Below this well-mixed layer, salinity steeply increases from 
ca. 32 to eventually match the AW values. This is the halocline: a strongly stratified layer 
effectively constrains the vertical heat flux between the Atlantic layer and the surface sea ice 
(Rudels et al., 1996). Although about one order of magnitude less than the atmospheric heat, the 
oceanic heat advected by Atlantic waters would be enough to melt the current Arctic sea ice 
without the insulation barrier effected by the halocline (McPhee et al., 2003; Polyakov et al., 
2017). This heat source has not been considered a major driver of sea ice reduction, as a stably 
stratified halocline has so far prevented ventilation of the Atlantic layer, effectively separating it 
from the sea ice cover, and restricting the heat flux to the sea ice cover to ca. 3 to 5 W m-2 
(Aagaard et al.,1981).  
We present 3H/3He and hydrographic data from 21 expeditions spanning 26 years of 
Arctic Ocean section work (1987 and 2013).  The temporal extent of our dataset is particularly 
valuable as it provides us with a tool to investigate whether there are observable changes in the 
Arctic Ocean stratification, general circulation patterns, and spreading rates in halocline layer, a 
critical heat flux barrier between the AW and the sea ice. 
Transient tracer data are used to independently establish circulation pathways and 
estimate the apparent spreading velocities and mean residence times for the upper halocline 
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water (UHW) and the lower halocline water (LHW). The results are discussed in the context of 
the temporal stability of the circulation, stratification stability, and water mass composition in the 
Arctic Ocean, as well as regional variability of spreading velocities along individual branches of 
the circulation pattern due to topographic and dynamic forcing.  
2.2 Hydrography 
Both the northern Atlantic and Pacific Oceans are connected and exchange waters with 
the Arctic Ocean, which acts as a passage between the two major oceans. These fluxes are of 
great importance for the oceanic heat, freshwater, and nutrients budgets and distributions in the 
Arctic. Atlantic waters enter the Eurasian Basin as two separate branches from the Greenland 
Sea via the Fram Strait (2-3 Sv) and the Barents Sea through the Santa Anna Trough (1-3 Sv) 
(e.g., Rudels et al., 1994; 1996). The North Atlantic Ocean is the major source of oceanic heat 
into the Arctic Ocean with an annual net heat inflow via Fram Strait averaging 40 TW (relative 
to the reference temperature of 0 ºC; Beszczynska‐Möller et al., 2012). The heat carried by the 
Atlantic layer into the Arctic Ocean would be sufficient to melt several meters of Arctic sea ice if 
it reached the surface (Rudels et al., 1996, 2004; Steele and Boyd, 1998; Polyakov et al., 2020).  
The Pacific inflow into the Arctic Ocean occurs via Bering Strait and is driven by a 
constant steric height gradient (ca. 0.7 m) with the Northern Pacific (Aagaard et al., 2006). This 
input is highly seasonal, vary on an interannual timescale, and ranges between 0.7 and 1.2 Sv 
(Woodgate et al., 2018). Pacific waters (PW) are both significantly fresher (PW: S ~ 32.5; AW: 
S ~ 34.92) and richer in nutrients than the Atlantic originated waters thus playing an important 
role in defining the Arctic water column stratification and its biological activity (e.g., Codispoti 
et al., 2013). Pacific inflow carries a substantial amount of oceanic heat, 13 TW; contributes to 
ca. 30% of the total freshwater influx, (2500-3250 km3 yr-1) (Haine et al., 2015; Carmack et al., 
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2016); and provides the major nutrient input to the polar regions (Walsh et al., 1989; Woodgate 
and Aagaard, 2005). Asides from these two oceanic inflows, the other inputs to the Arctic are 
volumetrically small but account for 70% of the total freshwater inflow: riverine discharge (4200 
± 420 km3 yr-1) and net precipitation (2200 ± 220 km3 yr-1) (Haine et al., 2015). 
The Arctic Ocean stratification primarily controlled/determined by salinity, is quite stable 
and mostly constrained to the upper 500 meters. A surface, well-mixed layer of cold freshwater 
occupies the 10 to 20 meters of the Arctic Ocean. This buoyant, thin layer contains a up to 25% 
of the total water column freshwater content, is largely wind-driven and closely correlated to 
river runoff signal and sea ice dynamics. Its mean thickness and salinity show a strong seasonal 
cycle and vary considerably across the Arctic Ocean basins. Typically, the surface mixed layer is 
twice as deep in ice-free regions compared to sea ice covered areas. Its depth is also correlated to 
the strong seasonality of the discharge of freshwater into the Arctic Ocean from the Russian and 
Northern American rivers. Throughout the Arctic, a steep salinity-driven pycnocline insulates the 
surface from the warm Atlantic layer. This is the Arctic haloclines. The halocline is roughly 
three times as thick as the polar mixed layer and extends to ca. 250 m depth (Rudels et al., 2004).  
The upper halocline is centered at the salinity surface of 33.1 and is characterized by a nutrient 
maximum and temperatures close to the freezing point (Anderson et al., 1994). In the lower 
halocline nutrient concentrations reach a minimum, salinity increases to 34.2 ± 0.1, and 
temperatures rise well above the freezing point (Anderson et al., 1994). Halocline sources vary 
across the Arctic Ocean. In the Canadian Basin, fresh Pacific waters are found below the mixed 
layer. Below the Pacific layer, Atlantic Waters form a temperature maximum (up to ~ 1-1.2ºC) at 
depths of around 200-400m.  In Eurasian basin, where the Pacific waters are virtually absent, the 
Atlantic layer is separated from the surface by a cold, halocline layer, which is formed by either 
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brine-rejection-driven convection or injection of cold salty shelf waters. Intermediate, deep 
waters found below the Atlantic layer are colder and saltier than waters above, and virtually 
isolated from the surface. They are remarkably homogeneous and hundreds of years old 
(Schlosser et al., 1999). Despite the lack of topographic obstructions, intermediate water 
hydrographic properties are not uniform between the two basins but show a clear front at the 
Lomonosov Ridge. This feature can be explained by different exchange rates between the 
intermediate and Atlantic waters and faster ventilation occurring in the Eurasian Basin. 
The circulation of the surface Arctic Ocean is characterized by three major circulation 
patterns: thew Trans-Polar Drift stream, the Beaufort Gyre, and the Arctic Ocean circumpolar 
boundary current. The first two are driven by horizontal gradients of wind stress and affect the 
surface layers thus playing a major role in organizing the freshwater distribution and export (e.g., 
Hunkins & Whitehead, 1992; Newton et al., 2006, 2008; Jahn et al., 2010; 2012). The last one is 
the predominant cyclonic flow observed in the Atlantic layer.  
On average, a horizontal sea-level pressure difference is observed between the western 
and east1ern Arctic Ocean, with a region of high pressure centered over the Canadian Basin and 
low pressures found over the Eurasian Basin. The resulting surface wind fields control the long-
term, large-scale average sea ice transport and surface layer currents: an anticyclonic circulation 
cell, the Beaufort Gyre, and a cyclonic circulation in the Siberian Arctic which converges off the 
East Siberian Sea to form the Trans-Polar Drift, a stream of sea ice and freshwater directed 
toward Fram Strait (Rudels et al., 2012). After crossing Bering Strait Pacific waters follow three 
primary flow paths: (1) eastward along the Alaskan continental slope as a cyclonic boundary 
current;(2) northward toward Siberia and then to Fram Strait across the central Arctic parallel to 
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the Trans-polar Drift; (3) and the anti-cyclonic flow around the Beaufort Gyre (Jones et al., 
1998; Steele et al., 2004; Aksenov et al., 2016). 
The pathway of the Atlantic layer as a cyclonic boundary current is well established and 
documented by current meter measurements, hydrographic and tracer data (e.g., Timofeyev, 
1957; Coachman and Barnes, 1963; Rudels et al., 1994). Atlantic waters flow cyclonically along 
the continental slope and major submarine ridges of the Arctic Ocean as a persistent, 
topographically steered circumpolar boundary current before exiting via Fram Strait (Timofeyev, 
1957; Coachman and Barnes, 1963; Rudels et al., 1999; Woodgate et al., 2001).  Holloway 
(1987) identifies the eddy-topography interactions developing at sloping bathymetric surfaces as 
the primary driver of the boundary current mean flow and compares its strength to that of surface 
stress or thermohaline forcing.  
While modified Atlantic waters are traced in every Arctic basin, mainly along the 
continental slope and the eastern flanks of submarine ridges, Pacific Waters are largely 
constrained to the Canadian Basin. Indeed, the presence or absence of Pacific waters is the major 
difference between upper waters of the western/eastern Arctic basins (Jones et al.,2003; 
Woodgate et al., 2005;). Several studies linked the location of the front separating Atlantic and 
Pacific waters with that of the Transpolar Drift stream (e.g., Morison et al., 1998, 2012). 
Historically the Atlantic/Pacific front has shift moved between an alignment with the 
Lomonosov Ridge and one with the Mendeleyev Ridge. 
Apart from the difference in their average salinity ranges the UHW and LHW can also be 
differentiated by their principal ventilation sources with the former being primarily derived from 
Pacific waters and the latter from Atlantic‐origin waters (Coachman & Barnes, 1961; Jones & 
Anderson, 1986; Rudels et al., 2004). Rudels et al. (2004) conclude that a substantial fraction of 
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lower halocline waters in the Canadian Basin derive from modifications of Atlantic-origin 
waters. With the influence of FSBW being more pronounced in the in Makarov Basin and that of 
the BSWB dominating between the Mendeleyev Ridge and the Chukchi Cap. Since Pacific 
waters are significantly fresher than the Atlantic-origin waters, they flow on top of the Atlantic 
layer (300 m), feeding the upper halocline layer and strengthening the density insulation from the 
heat flux in the Canadian Basin.  
The mean residence times of the different Arctic water masses can be estimated by using 
selected combinations of tracers. 3H/3He ages and CFC data are used to determine the residence 
times of surface and intermediate waters (e.g., Wallace et al., 1987, 1992; Schlosser et al., 1994, 
1995; 1999; Frank et al., 1998; Smethie et al.,1999; Mauldin et al., 2010). Below 2000 m the 
3H/3He ages and CFC 3H/3He dating methods lose their efficacy, thus 14C and 39Ar data are used 
to determine the residence time for the deep and bottom (e.g., Östlund et al., 1982; Schlosser et 
al., 1994). The mean residence time of surface waters has been estimated to range from 2 to 5 
years and to show small lateral variability across the Arctic Ocean basins. The mean residence 
times of halocline waters can vary from 5 to 15 years (Schlosser et al., 1999; Ekwurzel et al., 
2001). The mean residence time in the Atlantic layer ranges from years to decades depending on 
the location. Finally, residence times of the deep and bottom waters have been determined to 
range from 50 years within the Eurasian Basin to 450 years within the Canadian Basin. 
2.3 Data and Method 
2.3.1 Sample Collection and Measurement 
The findings presented in this section are derived from the same dataset and analytical 
methods used in the study the Atlantic layer and summarized in Chapter 1. Here we constrain the 
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analysis to samples located within the halocline layer, found immediately above the FSBW and 
identified on average salinity ranges.  
2.3.2 Water Mass Definition  
We based our water mass classifications for the UHW and LHW on salinity surfaces 
found the literature. We define the salinity ranges for lower and upper halocline waters as 33.9 ≤ 
S ≤ 34.5 (or 34.2 ± 0.3); and 32.8 ≤ S ≤ 33.5 (or 33.1 ± 0.4), respectively (Jones & Anderson, 
1986; Anderson et al., 1994). The corresponding mean density surfaces for the UHW and LHW 
are  σ$! = 26.5 ± 0.1 kg m-3 and 27.5 ± 0.1 kg m-3 respectively (Figure 7). 
A total of 550 3H/3He ages from 285 stations fall within the LHW salinity range and are 
used in our analysis. Results for the UHW are derived from 316 3H/3He age data from 130 
stations. Hydrographic properties and 3H/3He apparent ages representing the average values of 




 Figure 6.  Selected water mass 
definition from previous 
studies (Jones and Anderson, 
1986; Anderson et al., 1994; 
Schauer et al., 1997). The 
diamonds are water samples 
from our data base collected 
from 1987 to 2013 and color 




We identify the water samples falling within the UHW and LHW definitions and 
compute the mean pressure, potential temperature and apparent age at the hydrographic station 
where data are available.  Figures 7 and 8 show the distribution of the hydrographic parameters 
and 3H/3He apparent ages averaged over the study period and over the Arctic Ocean basins for 
the LHW and UHW layers. Despite the large-scale interannual variability affects water mass 
characteristic to these water masses from the hydrographic properties and tracer distribution. The 
contrast in the mean halocline properties between the Eurasian and Canadian Basins Halocline 
are clearly captured. Signals from seasonal to interannual processes such as winter convection 
and changes correlated to atmospheric forcing are filtered out by the 27-year average. 
2.4.1 Lower Halocline Water  
The LHW layer is on average shallower and colder in the Eurasian Basin than east of the 
Lomonosov Ridge. The LHW mean depth and potential temperature in the eastern basins are 
90m ± 30m and -1.2ºC ± 0.4 ºC respectively. In the Canadian Basin the LHW mean depth is 
160m ± 50m and its average potential temperature is 0.8ºC ± 0.3ºC. These modifications are in 
agreement with the assumption that FSBW and BSBW make the largest contributions/ventilation 
sources for this water mass. As it flows around the Arctic Ocean, Atlantic layer gets 
progressively deeper and loses parts of its heat to the water mass above, the LHW.   
The LHW shallowest depths are observed north of Fram Strait and the Santa Anna 
Trough the LHW mean pressure range from 30m to 70m. In the central Eurasian Basin and near 
the Laptev and Kara Seas shelves the average depth ranges from 90m to 110m.  In the western 
section of the Amundsen Basin, north of Greenland, the LHW layer is centered at ca. 130m. In 
the Makarov Basin and in the Switchyard region the mean depth ranges from 120 m to 165 m. 
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The LHW core is found at the deepest level in the Canada Basin: 200 m to 260 m, with the larger 
values found in correspondence of the Beaufort Gyre. The spatial variability of the LHW depth is 
correlated to the presence or absence of the Pacific-derived UHW layer. In Eurasian Basin the 
halocline layer is thinner as the overlying UHW are not present: here, the temperature and 
salinity stay almost constant in the surface layer until they both rapidly increase to match the 
characteristic values of the Atlantic layer (Rudels et al., 2004). On average the LHW potential 
temperature along the continental shelves (-1.4ºC ≤ θ ≤ -1.2ºC) of the Eurasian Basin is 0.8 ºC 
colder than in the southern Canada Basin (-0.9ºC ≤ θ ≤ 0.6ºC). The Makarov Basin displays 
average temperatures that are in between these two limits.  
The LHW youngest apparent 3H/3He ages (0-9 years) are found in the Nansen Basin, at 
the continental slope between Fram Strait and shelves of the Laptev Seas. In this region the 
tracer distribution show is quite homogenous and shows no significant gradient.  The oldest 
apparent ages are located in the Switchyard region (22-25 years). The 3H/3He ages in the Canada 
Basin range from 15 years to 21 years with the oldest values clustered in southern section at the 
Beaufort Sea. Stations located in the Makarov Basin and over the Lomonosov Ridge have mean 
3H/3He ages between 9 years and 12 years. The western quadrant of the Eurasian Basin, from 
Greenland to the North Pole display a large variability, with ages ranging from 9 to 22 years 
within a 300-500km radius. The presence of such steep gradients can be explained by the 
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confluence of different circulation branches and will be discussed in the following sections. 
 
Figure 7. Maps showing the averaged properties of the Lower Halocline Water 
(LHW). Hydrographic station locations are displayed as filled circles colored 
according to the average water pressure, potential temperature, and 3H/3He 
apparent ages. 
 
2.4.2 Upper Halocline Water  
 
Figure 8. Maps showing the averaged properties of the Upper Halocline Water (LHW). 
Hydrographic station locations are displayed as filled circles colored according to the average 
water pressure, potential temperature, and 3H/3He apparent ages. 
2.5 Discussion 
The basin‐wide structure of the halocline water circulation is still largely unclear. 
Halocline waters have several ventilation sources and are more exposed to vertical mixing and 
detrainment from the continental shelves than the Atlantic layer (Aagaard et al., 1981; Smethie et 
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al., 2000). Jones (2001) hypothesizes that the general halocline layer pathways resemble those of 
its ventilation sources: with the LHW flowing in cyclonic, topographically-driven boundary 
currents  in similar fashion to Atlantic waters; and the Pacific-derived UHW spreading 
northward into the Canada Basin and following either the Beaufort Gyre or the Transpolar Drift 
stream before exiting the Arctic Ocean via the Canadian Archipelago and Fram Strait (Steele et 
al., 2004; Falck et al., 2005; Dodd et al., 2012). Tracer data are used to delineate the LHW and 
UHW circulation patterns independently from hydrographic data and direct measurements and to 
add temporal information to the circulation of the halocline waters in the Arctic Ocean.  
2.5.1 Lower Halocline Water 
Tracer distribution along the LHW surface shows age gradients that are agreement with 
the schematics of Atlantic waters circulation in the Arctic Ocean firstly outlined by Rudels et al. 
(1994) (Figure 9). Firstly, 3H/3He apparent ages monotonically increase from the western Nansen 
Basin to the Switchyard region along the continental slope confirming that the LHW flows as 
cyclonic boundary current. Secondly, age gradients closely match the underlying bathymetry at 
the Gakkel, Lomonosov, and Alpha-Mendeleev Ridge supporting the presence of returning 
circulation branches in the Eurasians and Canadian Basins.  
The mean apparent tracer ages for LHW at stations located between Fram Strait and 
Santa Anna Through is 2.2 years, ranges from 0.5 and 4.8 years, and displays no significant 
aging between the two locations. This large range in apparent age at Fram Strait reflects the 
complex flow structure and transport across and north of Fram Strait where different types of 
modified Atlantic waters that have either completed the whole circumpolar boundary current or 
have recirculated southward following shorter pathways interact and mix (Mauritzen et al., 2011; 
Beszczynska-Möller et al., 2012). Marnela et al. (2013) estimate that half of the northward 
flowing AW recirculates within Fram Strait and flows southward as a component of the East 
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Greenland Current. In a similar fashion to what observed for FSBW, ages undergo a partial 
‘reset’ to younger ages north of the Santa Anna Trough where the two Atlantic branch water 
pathways converge. Moving east along of the continental slope (1000 isobath) from the Laptev 
Sea to intersection with the Lomonosov Ridge the mean 3H/3He ages is 3.9 years and ranges 
from 2.5 to 6.4 years. At stations located west of the Chukchi Plateau the mean apparent age is 
11.7 ± 1.9 years; it increases to 15.4 ± 4.3 years at stations sitting east of the highlands. Along 
the Alaskan slope the average apparent age is 17.8 ± 3.2 years and varies between 10.9 years and 
20.8 years. The LWH oldest ages are observed near the southern extension of the Alpha Ridge 
and in the Switchyard region with an average of 24.4 ± 1.9 years.   
 
Figure 9. Schematic of intermediate waters circulation in the Arctic Ocean after Rudels et al. 
(1994) displayed on top of the mean apparent 3H/3He ages for the LHW (panel a). Mean LHW 
apparent 3H/3He ages plotted as a function of distance from Fram Strait. The apparent 
spreading rate is obtained from a non-weighted linear regression (panel b). 
Although the LHW is primarily formed by modified Atlantic branch waters in the 
Eurasian Basin (Rudels et al., 2004), it is also partially exposed to interactions with the overlying 
layer (e.g., brine injection, winter mixing) and to detrainment from the continental shelves 
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(Aagaard et al., 1981;). This contributes to expand the age spread observed at each location. 
Mclaughlin et al. (2004) suggest that water originated from the East Siberian Sea also feed the 
LHW in the Canadian Basin, between the Mendeleyev Abyssal Plain and northern Chukchi 
Plateau. 
The highest age values in the Eurasian Basin are found in the central region, over the 
Gakkel Ridge at 60 ºE (14.5–17 years) and in its western quadrant between Morris Jesup Ridge 
and Yermak Plateau (13.5–15.8 years). In the Canadian Basin, the youngest ages are constrained 
to the Makarov Basin section between the Mendeleev Ridge and the Lomonosov Ridge (7–10 
years); the oldest ages are found in southern Canada Basin (18.8–20.8 years). The latter age 
range is significantly higher than the residence time previously estimated for the lower halocline 
layer (Schlosser et al., 1999; Ekwurzel et al., 2001). An additional new finding is that the LHW 
residence time is not uniform across the Arctic Ocean but there is a gradient of ca. 10 years 
between the LHW mean age in the Eurasian Basin and in the Canadian Basin. Ekwurzel et al. 
(2001) estimate the lower halocline mean residence across the Arctic Ocean to be 9.6 ± 4.6 
years, in agreement with our result of 11.7 ± 5.3 years.  
2.5.1.1 Apparent Spreading Rates 
Following the same approach used in Chapter 1, we identify six pathways by following 
the age gradients along the salinity surface of 34.2 ± 0.3 along the continental margin and other 
major topographic features of the Arctic Ocean basins. All the circulation branches are strongly 
guided by seabed features and in agreement with previously established circulation schemes for 
the Atlantic layer.  
Applying this method, the boundary current loop along the shelf slope around the entire 
Arctic Ocean is clearly visible (Figure 10). The Arctic Ocean boundary current is further split 
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into the Eurasian Basin (EBBC) and the Canadian Basin (CBBC) (Figure 6). Two additional 
flow paths are located in the Eurasian Basin and are directed towards Greenland: the Eurasian 
Basin Return Branch (EBRB), roughly parallel to Nansen Basin flank of the Gakkel Ridge; and 
the Lomonosov Ridge-Amundsen Basin Branch (LRAB), flowing along the eastern flank of the 
Lomonosov Ridge (eastern side). The next two branches are located in the Canadian Basin: the 
Lomonosov Ridge Return Branch (LRRB), flowing on top of the Lomonosov Ridge; and the 
Mendeleyev Ridge Returning Branch (MRRB), aligned with the Mendeleyev Ridge. Both the 
LRRB and the MRRB are northward bifurcation of the boundary current and are directed 
towards Fram Strait.  The original circulation scheme of Rudels et al. (1994) outlines a cyclonic 
gyre in the Makarov Basin, with AW flowing towards Greenland along the Alpha-Mendeleev 
Ridge and back to Siberia along the western flank of the Lomonosov Ridge. This study only 
includes the first half of this circulation cell (MRRB), as there are not enough data to fully 
analyze second half due to convergence of different flow paths.  
The 3H/3He age distribution in the Canada Basin interior indicate that fractions/portions 
of the boundary current are diverted northward into the Canada Basin interior along two further 
pathways, off the Chukchi Plateau/Northwind Ridge and one following the Alpha Ridge into the 
central basin. The actual trajectories taken by Atlantic branches west of the Lomonosov Ridge, 
for instance over complex topography north of the Chukchi Sea, are still largely presumed 
(Woodgate et al., 2007).  
The apparent velocities calculated from 3H/3He ages along the LHW pathways (Table 5) 
differ from the actual advective velocities because the tracer-derived values are skewed by the 
effect of mixing (Wallace et al., 1992; Schlosser et al.,1995). The primary source if this offset is 
the entrainment of older waters from the basin interiors systematically increases the 3H/3He ages 
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in the boundary current and major circulation branches, which makes the apparent velocities on 
average slower than the actual speeds.  
An important result from this contribution is that the LHW flow paths closely resemble 
that of the Atlantic Layer in agreement with what hypothesized by Jones (2001) and the 
circulation schematics outlined by Rudels et al. (2004). In our analysis, we apply a model-
derived correction factor of 2.78 ± 0.83 to the LWH apparent velocities along the boundary 
current and across different circulation branches. This correction factor is based on the findings 
of Mauldin et al. (2010) and was derived for the lower branch water Barents Sea Branch Water 
circulation at the continental slope and the western side of the Lomonosov ridge. The error 
(ε',(&&) for each corrected velocity (v	',(&&) is calculated as the square root of the sum of the 
fractional error of the apparent velocity (ε	'
.// v	'
.//)2  and the correction factor fractional error. 
I.e., ε',(&& = v	',(&& ∙ 45ε	'
.// v	'
.//2 60 + (0.83 2.78⁄ )0 .  
Applying a correction factor originally inferred for a deeper, more isolated water mass 
circulation along the boundary current is a first-order approximation but provides a way to 
compare tracer-derived current velocities with the few available direct current measurements and 
modeled rates. The corrected velocity values for LHW are summarized in Table 5. After 
correcting for mixing, the overall LHW mean velocity is 2.56 ± 0.83 cm s-1 (R2 = 0.80). The 
corrected velocity along the boundary current, from Fram Strait to Switchyard is 2.76 ± 0.84 cm 
s-1 (R2 = 0.94). The fastest loop is the Eurasian Basin boundary current (EBBC), where the mean 
velocity is and 3.40 ± 2.07 cm s-1 (R2 = 0.33); the poor correlation of this fit is likely due to the 
strong mixing at Fram Strait and the Santa Anna Trough. West of the Lomonosov Ridge (CBBC) 
the velocity decreases to 2.61 ± 0.87 cm s-1 (R2 = 0.85). The returning branch following the 
western flank of the Gakkel Ridge (EBRB) has a corrected velocity of 1.38 ± 0.73 cm s-1 (R2 = 
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0.61); a slightly faster rate than that calculated along the Amundsen Basin side of the 
Lomonosov Ridge Returning Branch (LRRB), 1.26 ± 0.71 cm s-1 (R2 = 0.61). The slowest 
velocity is along the branch that turns northward at the Mendeleev Ridge and is 0.68 ± 0.45 cm s-
1 (R2 = 0.56) after the correction. 
Figure 10. Locations and mean apparent 3H/3He ages plotted as a function of distance for the 
hydrographic stations used to calculate the spreading rates for the LHW circulation branches 
shown in Table 2. Data points in Figure 6a are color coded by the corresponding circulation 
branch displayed in Figure 6b. The factor of 2.78 ± 0.83 cm s-1 is applied to obtain corrected 
velocities is following Mauldin et al. (2010). 
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2.5.1.2 Comparison with the Atlantic Layer 
Although the general circulation patterns of the Lower Halocline layer closely resemble 
those defined for the Atlantic Layer the mean apparent ages and velocities differ across the two 
water masses. The age offset between the LHW and the FSBW increases moving away from 
Fram Strait along the boundary current.  In the Eurasian Basin, where the Atlantic layer core is 
located at 250 ± 50 m and that of the LHW at 80 ± 20 m, there is no significant age difference 
between the two layers. Along the Alaskan continental slope, the LHW core is on average 5 
years younger and 200 m shallower than the Atlantic layer core. The age offset reaches its 
maximum the Switchyard region (ca. 8 years). The mean velocity calculated for the LHW over 
the entire Arctic Ocean is 0.14 cm s-1 faster than that obtained for the Atlantic layer. Along the 
Arctic Ocean boundary current the LHW is on 
average 0.11 cm s-1 faster than the FSBW.  East 
of the Lomonosov Ridge along the EBBC, the 
difference in flow speed between the two layers 
is one order of magnitude smaller than the error 
(FSWB is 0.05 cm s-1 faster than the overlying 
LHW); for stations west of the Lomonosov 
Ridge along the CBBC branch the velocity 
difference increases to 0.23 cm s-1. The variance 
in tracer-derived velocities across water masses 
is not significant but it can partly explain why 
the age difference across the two water masses 
increases moving cyclonically along the 
Figure 11. Mean Fram Strait Branch 
Water (AW) and lower halocline water 
(LHW) apparent 3H/3He ages plotted as a 
function of distance from Fram Strait and 
displayed as red and black dots 
respectively. 
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boundary current route. In a similar fashion to what observed for the Atlantic layer, the LHW 
fastest rates are along the boundary current; and the slowest loops are the LMRR and the MRRB. 
The EBBC is faster and has a lower correlation fit than the CBBC along the LHW and the 
Atlantic layer. The EBRB is slower than the LRRB along the lower halocline surface, but the 
opposite is true in the Atlantic Layer. 
2.5.2 Upper Halocline Water  
After cross Bering Strait Pacific-origin waters flow into the Canadian Basin along three 
major branches (Steele et al., 2004; Timmermans et al., 2014). The first flows through Barrow 
Canyon and continues as eastward boundary current along the Alaskan continental slope. Along 
the second branch Pacific waters are channeled into Herald Canyon and spread northward along 
the continental slope of the East Siberian Sea into the Transpolar Drift stream. The third branch 
flows over the central Chukchi and becomes entrained into the Beaufort Gyre. The volume 
transport, velocity, and location of each pathway are temporally variable and depend on 
atmospheric forcing. Changes in the intensity and geographical alignment of the Beaufort Gyre 
and TPD have significant consequences on the lateral distribution and the residence times for 
Arctic surface, halocline, and Atlantic waters (Maslowski et al., 2000; Karcher et al., 2006; 
Newton et al., 2008). Periods of anticyclonic or cyclonic regimes over the Canada Basin are 
correlated with the Arctic Ocean Oscillation index (Proshutinsky & Johnson, 1997; Steele et al. 
2004; Proshutinsky et al., 2015).   
This study uses the Pacific water circulation schemes outlined by Steele et al. (2004). In 
their analysis the authors identify three components of the Pacific-derived halocline water: the 
Alaskan Coastal Water (ACW), summer Bering Sea Water (sBSW), and winter Bering Sea 
Water (wBSW); and explain that the relative proportions of these waters at any locations and 
circulation branch vary in time and space and is linked to climate forcing. They suggest that 
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during low AO index years, the geographical separation of these water masses is reduced. In our 
tracer-based analysis of flow paths and residence times we don't distinguish between the three 
types of Pacific Water but only to the Pacific-influenced halocline water. We constrain our UHW 
analysis to the region corresponding to lateral extent of Pacific waters into the Canadian Basin as 
defined by the mean silicate distribution (Figure 8). Closely, only 3H/3He apparent ages of water 
samples with silicate concentrations above 25 μM kg-1 are included.   
 Four main findings on the UHW general circulation patterns and residence times can be 
derived from the mean apparent age structure shown in Figure 8.  
(1) Along Alaskan slope, near Barrow Canyon, the 3H/3He apparent ages display a large 
range and vary from 3 years to 16.2 years within a distance of ca. 30–40 km. This spread signals 
the confluence of relatively young waters flowing directly from Bering Strait along Barrow 
Canyon (eastward boundary current) with waters that have become entrained into the Beaufort 
Gyre. (2) Tracer ages progressively increase along the anti-cyclonic circulation branch of the 
Beaufort Gyre: from 0.5–3.1 years over the Chukchi Sea, to 14.4–15 years at the northern limb 
the gyre, to 17–22.7 years along the southern limb near the continental slope (approximately 
between 140ºW to 150ºW). This result indicates that the UHW circulation pattern differs from 
that established for the underlying layers, is driven by surface stresses, and is predominantly anti-
cyclonic. The relatively high 3H/3He apparent ages observed in southern Beaufort Sea suggest 
that the presence of waters that have become entrained into the reduced Beaufort Gyre and 
completed at least one full rotation around the gyre. (3) The UHW mean residence times of 20–
23 years observed in Beaufort Sea are significantly longer than those previously estimated for 
this water mass and indicates a slow ventilation rate for a relatively shallow layer. Transient 
tracer-derived estimates for halocline layer (UHW and LWH) residence times range from 5 to 15 
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years (Schlosser et al., 1999; Ekwurzel et al., 2001; Karcher et al., 2010). Ekwurzel et al. (2001) 
assess the mean residence times of the upper halocline waters to be 4.3 ± 1.7 years, a 
significantly lower value that what we estimate. When comparing the UHW residence times it is 
important to note that authors include water samples from both the Eurasian Basin and Canadian 
Basin in their upper halocline water calculations, and that the majority of water sample used are 
from stations in the western Eurasian Basin. We found the UHW mean residence time to be 3.4 ± 
2 years in the Eurasian Basin; and 14.7 ± 5.7 years in the Canada Basin.  
(4) The Transpolar Drift flow branch draws Pacific waters directly from the Chukchi Sea 
to north of Ellesmere Island (Switchyard region). The 3H/3He age gradients increase along the 
Transpolar Drift flow, from 4 ± 1.7 off the Chukchi shelf, to years to 12 ± 1.3 years roughly in 
the central Alpha-Mendeleev Ridge, to 15 ± 1.3 years north of Ellesmere Island. The aging along 
the second half of this flow path is quite small and could indicate an accelerating spreading rate.  
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The Transpolar Drift stream redirects sea ice, river runoff, and other surface waters to the 
Fram Strait and further south into the East Greenland Current.  
  Although its intensity changes with 
climate forcing, the transport times 
along the Transpolar Drift are swift. 
Travel times for Pacific waters to reach 
the Switchyard region from the  
Chukchi Sea are estimated to be 3–5 
years (Steele et al., 2004). Given the 
complex recirculation in the Switchyard 
region, these data points are not 
included in the spreading rate calculation (Figure 13).  Despite the large variability affecting the 
UHW, the picture emerging from our 3-decade-average tracer distribution is one providing clear 
and new information on the general circulation patterns, spreading velocities, and residence 
times of the Pacific-derived UHW in the Canada Basin. 
Figure 12. Schematic circulation of Pacific UHW based on Steele et al. (2004) displayed on 
top of the mean apparent 3H/3He ages. The three flow pathways are labeled as: ACW, 
Alaskan Coastal Water. BG, Beaufort Gyre. TPD, Transpolar Drift stream. 
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Figure 13. Locations and mean apparent 3H/3He ages plotted as a function of the 
distance from the Chucky Sea (point X in Figure 13b) for the hydrographic stations used to 
estimate the spreading rate along the Beaufort Gyre. The apparent spreading rate is obtained 
from a non-weighted linear regression. Note: the datapoints highlighted in magenta are not 
included in the fit calculation as they are considered to belong to the Alaskan Boundary 
Current (ABC) branch.  
 
2.6 Conclusions 
Tracer data show that LHW flow as a cyclonic boundary current along the continental 
shelf and the major ocean ridges, is topographically steered, and closely resembles that of the 
underlying Atlantic layer. The mean 3H/3He apparent age measured in the LHW is 6.9 ± 4.3 
years in the Eurasian Basin and 16.4 ± 6.4 years in the Canadian Basin. The average apparent 
spreading velocity for the LHW calculated from the 3H/3He data is 0.92 cm s-1 (R2 = 0.80) and 
ranges from 0.24 to 1.22 cm s-1, depending on the individual circulation branch. The velocity 
decreases with depth along the Arctic Ocean boundary current. Differences in the flow regimes 
primarily explained this gradient. Additionally, shallower layers are progressively more exposed 
to mixing with the younger surface waters. The boundary current apparent velocities are 0.99 ± 
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0.20 cm s−1, 0.88± 0.19 cm s−1, and 0.79 ± 0.13 cm s−1 for the UHW, FSBW, and BSBW 
respectively.  
Tracer data suggest that the circulation of Pacific UHW is decoupled from the cyclonic 
flow of the lower halocline and Atlantic layers and is primarily driven by surface stress forcing 
with a well-established anti-cyclonic flow around the Beaufort Gyre. The UHW mean 3H/3He 
apparent ages of ca. 20 years in the Beaufort Sea is significantly higher than what observed in 




Chapter 3: Freshwater components in the Canadian Basin: 
Distribution, sources, and variability 
3.1 Introduction 
The oceanic freshwater cycle plays a fundamental role in the climate and biological 
systems. Although the Arctic Ocean covers only 3 % of the surface of the world’s oceans, it 
contains about 10 per cent of its freshwater and receives 11 % of global river runoff (Dai & 
Trenberth, 2002). Thus, the freshwater balance of the Arctic Ocean and its exchange with lower 
latitudes are important elements of the global climate system and the biology of the world ocean.  
The Arctic, including its ocean, are presently undergoing rapid environmental change. 
One of the most pronounced features of this change is the retreat of the Arctic sea ice cover with 
consequences for the circulation of the near surface waters and the freshwater balance.  
Changes in the hydrography compared to the climatology derived from the 
Environmental Working Group data set have already been observed during recent decades (e.g., 
Morison et al., 2012). The most dramatic hydrographic changes are found in the upper parts of 
the water column: the mixed layer, the halocline, and the Atlantic layer. Vertical density 
gradients between surface and halocline waters control the flux of heat from the Atlantic layer to 
the surface and are a key factor in sea-ice extent and thickness (e.g., Serreze et al., 2006). In the 
polar oceans, these gradients are largely controlled by the distribution of salinity, and we need to 
understand the dynamics controlling changes in the atmosphere and oceanic circulation and their 
impact on the freshwater distribution in order to project the local, regional and global 
consequences of ongoing changes.  
Stratification in the Arctic Ocean upper water column is subject to strong variability due 
to internal and external forcing factors. For instance, the freshwater content undergoes significant 
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variations in both inventories and fluxes due to temporal and spatial variability in the distribution 
and spreading pathways of sea ice and liquid freshwater, as well as properties and volumes of the 
inflows from the Atlantic and Pacific waters (Polyakov et al., 2008).  There are several external 
sources of freshwater and low salinity waters into the Arctic Ocean. River runoff accounts for 
roughly 40%, Pacific inflow for 30%, and net precipitation (P-E) for 30% (Haine et al., 2015; 
Carmack et al., 2016). Export of freshwater and sea ice, via the Canadian Archipelago and Fram 
Strait, plays an important role in the global thermohaline circulation. While roughly 85% of the 
Arctic Ocean total freshwater is in liquid form, only 73% leaves the polar basin as liquid. Most 
of the Arctic Ocean sea ice export occurs through Fram Strait (Jahn et al., 2012; Carmack et al., 
2016). 
GEOTRACES is an international research program designed to further our understanding 
of biogeochemical cycles by compiling a dataset of the distributions of key trace elements and 
isotopes in the global ocean. The 2015 U.S. GEOTRACES Arctic Transect (GN01) was part of a 
multi-national effort to sample trace elements and isotopes in the Arctic Ocean. The U.S. 
expedition covered the western Arctic Ocean in the boreal summer of 2015. The other 
coordinated international expeditions involved the deployment of ice-capable research ships 
from 5 nations (US, Canada, Germany, Sweden, UK) across different parts of the Arctic Ocean. 
The GN01 cruise proceeded as two sections, to and from the North Pole area, encompassing the 
Bering Sea, Bering Strait, Chukchi Borderlands, and the deep central Amerasian Basin. The two 
sections, northbound roughly along the International Date Line(180 ºW) and southbound roughly 
at 150 ºW, provide approximate repetitions of the previous Arctic Ocean Sections in 1994 and 
2005 (AOS94 and AOS2005) respectively.  
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This contribution presents the stable isotope data collected during GN01 discusses the 
distribution and storage of liquid freshwater content of the upper water column and the 
decomposition of samples into fractions derived from Atlantic inflow, Pacific inflow, sea-ice 
meltwater, and meteoric waters (runoff and precipitation). The 2015 results are then compared to 
AOS94 and AOS2005 to estimate temporal and spatial changes in the freshwater distribution and 
composition in the Canadian Basin of the Arctic Ocean. The comparisons reveal information on 
how representative the GEOTRACES results are to examine the origin of the freshwater 
components and their role for trace element dynamics in the Arctic Ocean. They also provide 
information concerning the basic dynamics of the Arctic Ocean freshwater budget and its 
dynamics that underlies its variability and change. 
3.2 Hydrography 
Despite being geographically enclosed by the North American and Eurasian continents, the 
Arctic Ocean is connected and exchanges waters with the two largest oceans. The North Atlantic 
is the major source of Arctic intermediate depth waters (Rudels et al., 1994). Atlantic waters 
(AW) enter the eastern Arctic Ocean as two separate branches from the Greenland Sea via the 
Fram Strait and the Barents Sea through the Santa Anna Trough (e.g., Rudels et al., 1994; 1996; 
2012). The former is the relatively warm and saline Fram Strait Branch Water, and the latter is 
the Barents Sea Branch Water. Atlantic Waters flow cyclonically along the continental slope and 
major submarine ridges of the Arctic Ocean as a persistent, topographically steered boundary 
current before flowing back south across Fram Strait (Timofeyev, 1957; Coachman and Barnes, 
1963; Rudels et al., 1999; Woodgate et al., 2001).  In this chapter, we constrain the definition of 
AW to the Fram Strait Branch Water, since the Barents Sea Branch Water is found at depths 
deeper than 500 m, which is outside the scope of our analysis. Pacific inflow into the Canadian 
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Basin occurs through Bering Strait and is driven by a persistent steric height gradient (ca. 0.7 m) 
assuming a level of no motion of 800 m (Aagaard et al., 2006). Pacific waters (PW) entering the 
Arctic Ocean are significantly fresher (PW: S ~ 32.5; AW: S ~ 34.92) than the Atlantic 
originated waters and are the major source of nutrients into the Arctic Ocean thus playing an 
important effect on its stratification and biological activity (e.g., Codispoti et al., 2013). The 
oceanic heat influx carried by the PW is ca.10 times than the Atlantic input but is much closer to 
the surface layer and the sea ice.  
As is by now traditional, we calculate the ‘freshwater content’ of samples in the Arctic 
relative to a reference salinity. Some studies use a reference of 34.8, an estimate of the mean 
salinity of the Arctic (Aagaard & Carmack, 1989). We use 34.92, an estimate of the average 
salinity of Atlantic inflow, as a reference since a central concern in the upper water column is the 
climatic impact of freshwater exchange with the North Atlantic (Bauch et al., 1995; Newton et 
al. 2013).  The Arctic Ocean receives and exports large volumes of freshwater both in liquid and 
solid phase (Carmack et al., 2016).  On average 9400 ± 5% km3 yr-1 of freshwater enter the 
Arctic Ocean annually and 8250 ± 7% km3 yr-1 leaves via Fram Strait (as sea ice and liquid 
freshwater) and Davis Strait. River discharge is also an important source of dissolved and 
particulate matters, which impact ocean chemistry and biology (e.g., Bhatia et al., 2013). In order 
of importance, the largest freshwater inputs into the Arctic Ocean are river discharge, dominated 
by the large sub-arctic rivers on the Eurasian continent, the Pacific estuarine component from the 
Bering Strait inflow, and net precipitation over the basins (Aagaard & Carmack, 1989). The 
seasonal cycle of ice formation and melting also alters the saline and freshwater contents.  
With a salinity of S = 0, meteoric waters (river runoff and net precipitation) account for 
the largest freshwater input to the Arctic Ocean, delivering 6400 ± 14% km3 yr-1 combined 
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(Haine et al., 2015: based on data collected in 2000–2010). Of this, roughly one third (2200 ± 
10% km3 yr-1) is from net precipitation over the ocean.  Pacific inflow is second largest input of 
freshwater into the Arctic Ocean accounting for 2640 ± 4% km3 yr-1 or 28% of the total input 
(Woodgate et al., 2006; Haine et al., 2015).  
On average, a horizontal sea-level pressure (SLP) difference is observed between the 
western and eastern Arctic Ocean, with a region of high pressure centered over the Canadian 
Basin and low pressures over the Eurasian Basin. The resulting wind-driven average sea ice and 
surface layer flows are characterized by an anticyclonic circulation cell centered in the Canada 
Basin in correspondence of the pressure high (Beaufort Gyre), predominantly cyclonic currents 
in the Siberian Arctic, and a current directed from the Eastern Siberian Sea towards Greenland 
(the Trans-Polar Drift) (e.g., Steele et al., 2004).  
Due to the extreme cold of the Arctic climate (which limits the impact of temperature) 
and large freshwater inputs, the density stratification in the Arctic Ocean water column is 
primarily defined by salinity, highly stable, and most pronounced in the upper water layers (50–
500m). In this study we restrict our attention to the upper 500 m of the Canada and Makarov 
basins as observed during the 2015 GN01 transects. Using the 2015 dataset, we compute density 
horizons and average properties for each water mass based on the characteristic hydrographic 
properties as defined in the water mass classification by Anderson et al. (1994).   
The topmost part of the water column is occupied by a wind-steered, well-mixed layer of 
relatively fresh, near-freezing waters, with densities within 0.1 kg m-3 of the density of the 
topmost CTD measurement (i.e. ∆𝜎! = 0.1	𝑘𝑔	𝑚1-	𝑤ℎ𝑒𝑟𝑒	∆𝜎! =	𝜎!(𝑧) − 𝜎!(𝑠𝑢𝑟𝑓𝑎𝑐𝑒)) 
(Toole et al., 2010). This buoyant layer contains a large fraction of the total liquid freshwater and 
is found virtually everywhere in the surface of the Arctic Ocean. The mean thickness and salinity 
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of the mixed layer vary considerably on a seasonal timescale and across the Arctic Ocean basins 
and are influenced by local conditions such as wind forcing, sea ice cover, ice formation, and 
riverine discharge/river runoff signal. Typically, the surface mixed layer is twice as deep in ice-
free regions compared to sea ice covered areas. Its depth is also correlated to the strong 
seasonality of the discharge of freshwater into the Arctic Ocean from the Russian and Northern 
American rivers.  
Below the mixed layer, salinity increases along steep gradients to reach values above 
34.2. This halocline is a fundamental feature of the Arctic Ocean stratification that insulates the 
cold surface from the warm Atlantic waters flowing underneath (e.g., Aagaard et al., 1981; 
Rudels et al., 1996). The halocline can span depths three times as thick as the surface mixed 
layer (Anderson et al., 1994; Rudels et al., 2004). The nature and sources of halocline waters 
differ between the Eurasian and Amerasian basins. In the Canadian Basin, a layer of upper 
halocline waters (UHW) is primarily fed by the inflow of Pacific waters from the Bering Strait 
and is characterized by a maximum in nutrient concentration, approximately aligned with the 
33.1-isohaline. Its temperatures lie close to the freezing point, and it is sometimes referred to as 
the Cold Halocline Layer.  In the Eurasian Basin where the Pacific Waters are virtually absent, 
the Atlantic layer is separated from the surface by Lower Halocline Waters (LHW), which are 
formed either from above by brine-rejection-driven convection or the horizontal injection of 
cold, saline shelf waters. The lower halocline layer (LHW) is centered at a salinity of about 34.2 
± 0.3 and is characterized by increasing temperature and salinity (Rudels et al., 1991; Anderson 
et al., 1994), temperatures above the freezing point, and minimum values in quasi-conservative 
nutrient-based tracers (Jones and Anderson, 1986; Wilson and Wallace, 1990; Rudels et al., 
1991; Anderson et al., 1994).  Below the LHW, Atlantic Waters (AW) can be identified by a 
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potential temperature maximum centered at depths between 250 and 500 m, and salinities well 
above 34.8. Waters below the Atlantic layer are colder and saltier than the layers above. They are 
remarkably homogeneous, largely isolated from contact with the surface, and hundreds of years 
old (Schlosser et al., 1999).  
3.3 Sample Collection and Measurement 
As part of the Arctic GEOTRACES program two oceanographic sections were completed 
in the Arctic Ocean between August 9th and October 12th 2015, aboard the U.S.C.G. icebreaker 
HEALY. The sections extend from the continental slope of the southern Canada Basin across the 
Canada and Makarov basins to the North Pole (Figure 1). The data from the first six 
hydrographic stations located in the Bering Sea and Bering Strait are not included in this 
contribution. The northbound track, comprising Stations 7 to 30, begins on the Chukchi Shelf, at 
73.49ºN, 168.85ºW, in approximately 120 m water depth, and ends in the central Makarov Basin, 
at 88.18ºN,167.73ºW (water depth: ca. 4000 m). This cruise track roughly follows the 180ºW 
meridian and was designed to replicate/overlap with the 1994 Arctic Ocean Section (AOS94). 
The southbound track, including stations 32 to 66, starts at the North Pole (Station 32) and runs 
south along 150ºW to the continental slope. It spans roughly 2500 km and crosses the 
Lomonosov Ridge and the Alpha Mendeleyev Ridge. This latter section largely overlaps with the 
trans-Arctic section completed in 2005 aboard the Swedish icebreaker ODEN. In 2015, at Station 
56 rough seas prevented the collection of samples in the upper 500m of the water column 
resulting in a data gap in the southern Canada/Beaufort Sea (Table 6).  
At each station depth profiles for salinity, temperature, dissolved oxygen, fluorescence, 
and nutrients (silicate, phosphate, nitrate, and nitrite) were completed. The data collected during 
GN01 represent one of the most detailed section of stable isotopes (δ18O and δD) for the Arctic 
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Ocean to date (Pasqualini et al., 2016). In this study we used salinity, δ18O, nitrate, and 
phosphate data collected on three separate oceanographic expeditions in the Canadian Basin 
between 1994 and 2015 to compute the fractions of meteoric (net precipitation + river runoff), 
sea ice meltwater, Pacific, and Atlantic water.  Geographic locations of the hydrographic stations 
used by this contribution are shown in Figure 1.  
 
Figure 14. Left panel: Arctic Ocean map showing bathymetric features and 
geographical locations of the studied areas. Modified from Geology.com. Right panel: Map 
showing the oceanographic sections part of our analysis. GN01 2015 hydrographic stations 
are displayed as red triangles, AOS 1994 as green, and the Oden 2005 as yellow triangles.  
Table 6. Oceanographic sections that have been used in this study. 
Section Ship Year Date Range 
Arctic Ocean Section 
(AOS 94) C.C.G.S. Louis S. St-Laurent 1994 Jun 07–Sep 09 
Arctic Ocean Section 
(ODEN 2005) I/B ODEN 2005 Aug 19–Sep 25 
U.S. Arctic GEOTRACES 
(GN01) U.S.C.G.  Healy 2015 Aug 09–Oct 12 
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Hydrographic data for Oden-2005 and AGT-2015 were produced by the Scripps 
Institution of Oceanography Data Facility (ODF), Shipboard Technical Support group. Salinity 
samples collected from the rosette were analyzed onboard using a Guildline 8400 salinometer 
(accuracy ca. ±0.002). Nutrient concentrations were measured aboard the icebreakers within 1-4 
hours of sample collection to allow for all samples to reach room temperature. A Seal Analytical 
continuous-flow Auto-Analyzer-3 was used for the nutrient analyses following the WOCE 
(World Ocean Circulation Experiment) standard techniques (Gordon et a1., 1992). Hydrographic 
data from AOS 1994 were produced onboard following the methods described by Swift et al. 
(1997).  
Stable isotope ratios (H218O/H216O; 2H2O/H2O) for the 2015 cruise were measured at 
Columbia University’s Lamont Doherty Earth Observatory using a using a Cavity Ring-Down 
Spectroscopy (CRDS) technique (Picarro L2130-i Analyzer) with a vaporization module isotopic 
H2O A0211 coupled to an HTC-xt Leap Pal Technologies auto-sampler following the methods 
and procedures described by (Walker et al., 2015). Stable isotope data (δ18O and δD) are reported 
as the per mil deviations of the H218O/H216O and 2H2O/H2O ratios from those of Vienna Standard 
Mean Ocean Water (VSMOW-2) (Craig, 1961; Gonfiantini, 1981). A stainless-steel liner was 
placed in the vaporizer to reduce salt residue accumulation. Overall analytical precision for the 
dataset is ± 0.027 per mil (Pasqualini et al., 2016). The reported isotope ratios were computed as 
the average of the last three out of six injections. Data processing was performed to correct for 
memory and drift effects, and a linear regression was applied to normalize samples to the 
VSMOW2-SLAP2 isotope reference scale. Stable isotope analyses were performed on ca. 1000 
water samples covering the entire water column at GEOTRACES stations and the upper 500m at 
U.S. Repeat Hydrography stations. Oxygen isotope ratios for samples collected during Oden-
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2005 were measured at Rutgers University, following the methods described by Fairbanks 
(1982). Analytical precision for the 2005 data is ±0.025 per mil. Analyses of oxygen isotope 
ratios for AOS94 were performed at the Lamont Doherty Earth Observatory using mass-
spectrometric analysis and were performed after sample equilibration with CO2 (Roether, 1970; 
Fairbanks, 1982) with an analytical precision of ± 0.03 per mil. 
3.4 Results 
During the 2015 cruise, the mixed layer depth spread between 6 m and 30 m with the 
largest values observed in the Makarov Basin. On average, the mixed layer along the southbound 
track crossing the central Canadian Basin was 6 meters thicker than along the northbound section 
(150ºW mean depth = 18.2 m; 180ºW mean depth = 12.1 m). The salinity values measured in the 
mixed layer ranged between 20.8 and 30.7, with the lowest values observed in the southern 
Canada Basin, south of ca. 78ºN (22.9 ≤ S ≤ 26.3). North of 78ºN the mixed layer hydrographic 
properties were remarkably constant with potential temperature (θ) ranging between -1.53ºC and 
-1.35ºC and salinity between 27.3 and 28.5.  
The UHW (defined by the silicate maximum between 60m and 200m and S = 31 ± 0.2) 
was aligned with the σ0 = 26.48 ± 0.2 isopycnal surface. The depth of this isopycnal ranged from 
50 m to 175m. The UHW core was centered at ca. 100 m for stations on the continental shelf, at 
175 m in the central Canada Basin, and 75 m in the Makarov Basin. Stations 32 and 35, located 
over the Lomonosov Ridge, show hydrographic properties characteristic of the Eurasian Basin 
with a thinner, colder halocline layer, and shallower and warmer Atlantic layer. The core of the 
LHW (S = 34.2 ± 0.3) was centered at the 27.51 ± 0.03 kg m-3 isopycnal corresponding to depths 
ranging from 125 to 275 meters. The LHW mean depth in the Makarov Basin was ca. 125 m and 
250 meter in the Canada Basin.  
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During GN01, sub-surface potential temperature maxima delineating the presence of 
waters of Atlantic origin, were observed along the northbound and southbound transects. The 
maximum temperature ranged from 0.71 ºC to 0.95 ºC in the Canadian and Makarov Basins and 
1.3 ºC to 1.6 ºC at the stations located over the western side and top of the Lomonosov Ridge 
(Stations 32–34). In the 2015 data set, the maximum temperature was centered along the density 
horizon of σ0 = 27.93. In 2015 this isopycnal was found at depths ranging from 280m to 500m, 
with the deeper values found between 76ºN and 80ºN in the southern Canada Basin (180ºW) and 
the Beaufort Gyre (150ºW). Along the northbound section, the AW displayed relatively constant 
potential temperatures varying by ca. ± 0.1ºC around a mean value of 0.8ºC. The northernmost 
stations along the 150ºW track were sampled on top the Lomonosov Ridge or in the Amundsen 
Basin. Atlantic waters at these stations were significantly warmer than everywhere else in the 
section. The temperature in the AW increased from 0.7 ± 0.1 ºC (Makarov Basin) to 1.22 ± 0.1ºC 
(Amundsen Basin) over less than 50 km. This sharp temperature gradient across the Lomonosov 
Ridge was reflected as well in property changes at the level of the UHW (Figure 2b). With the 
exception of these stations, the Atlantic core layer temperatures were on average ca. 0.15ºC 
warmer than those in the basin interior (150 ºW track). The Atlantic layer temperature structure 
observed during GN01 was in line with the circulation of the Atlantic water which branches at 
the Siberian end of the Lomonosov Ridge with one branch continuing along the continental shelf 
slope into the Canadian Basin and the other following the topography of the Lomonosov Ridge 
towards Greenland (Rudels et al. 1994; Rudels et al., 2000; Woodgate et al., 2001). 
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Figure 15. Hydrographic data and combined tracers along the upper 500 m of the 
GN01 2015 cruise tracks. Left panels: northbound section (180ºW). Right panels: southbound 
track (150ºW). The UHW, LHW, and AW isopycnals are also displayed.  
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Near surface temperature maxima caused by summer solar radiation were observed 
between 15m and 30m depth in the Canada Basin along both sections with more pronounced 
occurrences along 150ºW. At these locations temperature ranged from ca. -1 ºC to 2 ºC. This 
temperature profile typically signals the presence of Pacific Summer Water, marked by local 
temperature maxima between 40 and 100 meters. During GN01 along 150ºW, a warmer plume 
(Δθ: ca. 0.6ºC centered at 60 m depth) was observed extending northwards from the continental 
shelf into the basin interior for ca. 600–700 km. The coldest water samples (-1.76ºC ≤ θ ≤ -
1.60ºC) were observed in the UHW at the ice-free, shallow stations on the continental slope 
(60m – 140m). 
Waters with high nitrate and phosphate concentrations (nitrate ≥ 15 μmol kg-1 and 
phosphate ≥ 1.8 μmol kg-1) extended northward for 1000-1500 km from the southernmost 
stations as a horizontal plume delimited by the 26.48 and 27.51 isopycnals (Figures 15g–15j). 
This nutrient distribution identifies the nutrient-rich Pacific waters flowing into the Arctic Ocean 
from the Chukchi Shelf, is observed along both sections, and is present in historical data as a 
perennial feature of the Canada Basin. Progressing north, this nutrient enriched layer 
progressively thins and disappears into the background in the Makarov Basin (ca.1300 km 
distance from the entry point near station 7).  
Surface waters are extremely depleted in nutrients due to biological consumption during 
summer. Along the 150ºW section, low nutrient concentrations (0 ≤ nitrate ≤ 2.2 μmol kg-1 and 
0.25 ≤ phosphate ≤ 0.8 μmol kg-1) form a homogeneous, continuous surface layer. South of the 
Lomonosov Ridge (Stations 66 to 35) this surface layer is ca. 30–40 m thick. At Station 32 in the 
Amundsen Basin, the only station on the Eurasian side of the Lomonosov Ridge, the nitrate-
depleted layer extends down to 130m depth. Along this section, the maximum nitrate 
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concentrations (14–15.7 μmol kg–1) are centered on the isohaline of 33.2 ± 0.2, and sits at depths 
between 130 and 220 m, with the shallower values observed north of the Alpha-Mendeleyev 
Ridge (Stations 47 to 44). Below this high-nutrient plume, concentrations are uniform and 
average 11-12 μmol kg–1. The phosphate distribution closely resembles that of nitrate. The 
lowest values (0.5 μmol kg–1) are found in the uppermost waters. The surface layer is ca. 40 m 
deep on the Canadian side and increases to 130 m depth across the Lomonosov Ridge.  The 
maximum concentration follows the 32.95 ± 0.2 isohaline surface and sits between 230 and 
130m depth.  From this layer downward, the mean background value is 0.8 μmol kg–1. The 
presence of small amounts of phosphate alongside total nitrate depletion in the surface waters 
suggests a nitrate-limited system. 
Oxygen isotope ratios in surface waters are depleted in the heavier isotope, which reflects 
a high concentration of meteoric water there. Phase changes, such as freezing and melting, 
impact the oxygen isotope ratios due to fractionation. For instance, during freezing, seawater 
molecules bearing the heavier isotope are preferentially incorporated into the sea ice matrix, with 
a fractionation of ca. 2.09–2.58 per mil (Melling & Moore, 1995; Mcdonald et al., 1999; Song et 
al., unpublished data). The fractionation factor depends on conditions during freezing, in 
particular the crystallization rate. Following Ekwurzel et al. (2001) we assume a mean freezing 
fractionation factor of 2.6 per mil.  The horizontal and vertical gradients of oxygen isotope ratios 
are similar to those of observed in the salinity field. Along GN01, the lowest values (-5.1 ‰ ≤ 
δ18O ≤ -3.5 ‰) were observed in the uppermost 25–30m of the water column at stations located 
in the deep Canada and Makarov Basins. The lowest δ18O values were not found directly over 
the Alpha-Mendeleev Ridge - as observed in previous cruises - but slightly off its western flank. 
Values on top of the submarine ridge ranged from -3.9 to -2.8 ‰. Moving northward away from 
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the continental slope, δ18O in the top 30m displayed a sharp horizontal gradient of approximately 
2 per mil over 60–80 km along the northbound 180ºW section between stations 10 and 11. Along 
the southbound section, the horizontal gradient was -1.4–2.1‰. Measured δ18O values in the 
UHW and LHW ranged between -1.4‰ and 1.4 ‰, and -0.4 to -0.5 ‰ respectively. The δ18O = 
0.0 isoline was observed at depths between 200 and 350 m, with the largest depth observed in the 
southern central Canada Basin and the shallowest in the Makarov Basin. Below this level, the 
AW displayed a remarkably homogeneous oxygen isotope ratio distribution (0.18 ± 0.02‰). 
3.5 Discussion 
Freshwater content is defined as the percentage deviation from a reference salinity and is 
proportional to the amount of zero-salinity water necessary for the measured sample salinity to 
match the reference value.  
The Arctic Ocean is primarily composed of relatively warm, saline waters from the North 
Atlantic (Aagaard et al., 1989) to which fresher waters are added in form of river runoff, excess 
Precipitation over Evaporation (P-E), and low-salinity Pacific water entering through Bering 
Strait. Following Newton et al. (2013) we assume the Atlantic waters as the basic component of 
the Arctic Ocean (S23 = S&*4 = 34.92	), and Pacific waters, river runoff and net precipitation as 
freshwater sources (Aagaard et al., 1989). Thus, we use the reference salinity (S&*4) of 34.92 to 





Where (𝑆789)  is the measured salinity from CTD data and FW is the freshwater content 
in percent of the total volume (i.e, pure fresh water has a FW fraction of 100%, and Atlantic 
waters at the entry point to the Arctic in Fram Strait have a FW fraction of 0%). During GN01 20 
± 9% (range 9% to 38%) of the total FW inventory was contained in the mixed layer.   
 87 
Our analysis of freshwater components requires information only available from bottle 
data, so it is important to compare FW fraction as computed with CTD salinities with that 
computed from the bottle samples. Since bottle data are often missing the top 5-7m of the water 
column, we computed the total FW content from both CTD and bottle data to quantify the 
average difference in the two methods (i.e., CTD salinity minus bottle salinities in Eq. 1). The 
total FW content from bottle data is on average 5% lower than that obtained from CTD data.  
To estimate the total freshwater inventory per surface unit (m2) at each hydrographic 
station, we vertically integrate the total freshwater content as a function of depth over the upper 
500 meters of the water column (Eq. 3b). We first interpolate the FW data onto a 1-meter vertical 
grid applying a Piecewise Cubic Interpolation method, and then calculate the integrated 
freshwater content per surface unit, i.e., m2 m-3 (Newton et al., 2013).  




Where the index i corresponds to the hydrographic station at which the integral is 
calculated. In other words, the FW inventory (FWI) at each station is equivalent to the height of 
a column of pure freshwater contained in the upper 500 meters at that location. The integral 
quantities provide a useful measure to discuss the total freshwater distribution in the Canadian 
Basin as well as its temporal variability. 
3.5.1 Total Freshwater Content: GN01 
The freshwater distribution in the Arctic Ocean is strongly related to the wind-driven 
horizontal gradients and steric height differences between the central basins and the 
shelf/marginal seas (Hunkins & Whitehead, 1992; Proshutinsky et al., 2002; Newton, et al. 
2006). The stratification of the upper waters in the Canadian Basin is largely determined by the 
strength and location of the Beaufort Gyre, an anti-cyclonic circulation cell driven by the 
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atmospheric Beaufort High. The prevalent anti-cyclonic wind stresses over the Canadian Basin 
result in Ekman transport into the Beaufort Gyre, that in turn drives pooling of freshwater rich in 
meteoric water content.  
The GN01 oceanographic survey includes two stations sampled in Eurasian Basin: 
stations 32 and 34, close to the North Pole, across the Lomonosov Ridge in the Amundsen Basin 
along the 150W section. Here, the upper halocline layer almost disappeared, and a sharp increase 
in the freshwater inventories by ca. 5m is observed. The latter is linked to the presence of the 
Transpolar Drift, a surface circulation branch flowing roughly along the Lomonosov Ridge from 
Siberia towards Greenland. Freshwater concentrations and inventories measured during the 2015 
northbound (along 180ºW) and southbound (along 150ºW) transects are presented in Figure 16. 
As expected, the highest freshwater concentrations are found in the uppermost 10–20 meters of 
the water column and the largest freshwater inventories are observed at stations close to the 
Beaufort Gyre, between roughly 73.98ºN and 74.45ºN, independent of the longitude. Overall, the 
freshwater concentrations in the upper 20 meters along ranges from 10% to 35% with an average 
value of 20% (Figure 16). The same parameter ranges from 12 to 35 % and averages about 22% 
when only samples from the topmost 10 meters are included, largely corresponding to the mixed 
layer depth, with no significant difference between the two depth intervals. The maximum 
freshwater fractions (30–35%) were observed in the Chukchi Borderland (stations 8 to 11) along 
the 180ºW-track at depths shallower than 7 m. Along the 150ºW section, the largest freshwater 
concentrations (26–28%) were observed at stations 56 to 60 in the central Canada Basin. The 
timing of the sampling is an important variable to be considered when discussing the freshwater 
content and distribution as the surface stratification and the depth and properties of the mixed 
layer vary on seasonal cycle that is strongly correlated with that and melting/freezing of sea ice 
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(Morison and Smith, 1981; Toole et al., 2010; Polyakov et al., 2013).  During the summer 
months, the mixed layer on average is shallower and fresher than it is during the winter, during 
and soon after sea ice formation. When new sea ice starts forming, brine rejection drives 
convection and causes the mixed layer to deepen (up to 30 m) and to become significantly more 
saline. The hydrographic stations along the northbound (180ºW) and southbound (150ºW) tracks 
were occupied between August 18th and August 31st, and September 8th and October 7th, 
respectively. Thus, a time span of approximately 40–45 days (1 to 1.5 month) separates the 
sampling dates of stations 8–11 and 56–60 during a crucial time for the dynamical and thermo-
dynamical processes of the surface Canadian Basin.  
The integrated freshwater values range from 9 to 23 meters (mean 17.2 ± 3.2 m) along 
the northbound section (180ºW), and between 4 and 29 meters (mean 17.2 ± 6.1 m) along the 
southbound track (150ºW). The maximal inventories were observed along 150 ºW in the central 
Canada Basin approximately between 73.0 ºN and 77.4 ºN, where the integrated height ranged 
between 25 and 30 meters.   
Within this region, the 150 ºW freshwater inventories were 5 to 10 meters greater than 
along 180 ºW. The mean difference between the two transect was 3.4 ± 1.8 m. This offset 
reflects the typical freshwater distribution observed in the Western Arctic Ocean, the highest 
concentrations found in the central Canada Basin in correspondence of the Beaufort Gyre. 
A large but highly variable percentage of total freshwater content is found in the mixed 
layer. In 2015 this percentage ranged from 5% to 80% and averaged to 16 ± 8% along 180ºW 
and 25 ± 14% along 150ºW.  
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The maximal freshwater inventories are observed along 150 ºW between stations 52 and 
57, with values between 25 and 30 meters. In 2015 the freshwater inventories difference across 
sections of at roughly the same latitude ranged from 5 to 15 meters and was maximal at 74.8ºN. 
 
Figure 16. Freshwater (FW, relative to S0 = 34.92) content from CTD data and vertical 
inventories in the upper 500 m and mixed layer for the 2015 cruise tracks. The northbound 
section (180ºW) is displayed in 3a is plotted along the distance from station 7 (north is shown 
on the right); the southbound section (150ºW) is displayed in Fig. 3b, plotted along distance 
from station 66. The integrated heights (FWI) in the upper 500m (mixed layer) are 
represented by white (cyan) line. 
3.5.2 Water Component Distributions: GN01 
To better capture the nature and the dynamics of the variability in the spatial and 
temporal distribution of freshwater, we have decomposed the freshwater content into its 
components: meteoric water (River Runoff plus net precipitation), sea-ice meltwater, and Pacific 
Water (Oestlund and Hut, 1984; Bauch et al., 1995; Jones et al., 1998; 2008; Ekwurzel et al. 
2001; Yamamoto-Kawai et al., 2008; Newton et al., 2013).  
The fractions of Atlantic Water, Pacific Water, meteoric water, and sea ice meltwater in 
each sample are calculated as follows:  
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Where fAtl, fPac, fSIM, and fMet are the derived fractions of Atlantic Water, Pacific Water, sea ice 
meltwater, and meteoric water, respectively. SAtl, SPac, SSIM, and SMet are the assigned salinities of 
Atlantic Water, Pacific Water, sea ice meltwater, and meteoric water. δ18OAtl, δ18OPac, δ18OSIM, 
and δ18OMet are the chosen oxygen isotope ratios for the same water masses. ANPAtl, ANPOPac, 
ANPSIM, and ANPMet are the estimated values of for each water mass. SObs, δ18OObs, and ANPObs 
are the measured values for each water sample. The end member choices used in our calculations 
are listed in Table 7 and have discussed in Ekwurzel et al. (2001), Newton et al. 2013 and 
references therein. 
The uncertainties affecting the fAtl, fPac,  fSIM, and fMet concentrations estimates are ±0.14, 
0.14, 0.02, and 0.02 respectively, and are the results of the end-member choices and the 
analytical error. The error on freshwater inventories, due to the fraction uncertainties and the 
added error from the vertical interpolation is less than 3m for the Pacific freshwater, 1 m for the 
meteoric water, and 0.5 for the sea ice meltwater. 
Table 7. End Member Parameter Values. 
Water Mass Salinity (g kg-1) δ18O (‰) Arctic N:P a 
Atlantic Water 34.92 ± 0.03 0.3 ± 0.05 0 
Pacific Water 32.50 ± 0.20 -1.1 ± 0.20 1 
Meteoric Water 0 -20 ± 1 0 
Sea-Ice Meltwater 4 ± 1 Surf. + 2.6 ‰ Surface 
a Pacific Water: slope =14; intercept = -11; Atlantic Water: slope = 17; intercept = -2. 
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Figure 17. Water-mass fractions for GN01 2015 calculated using the Arctic N:P as 
tracer of Pacific inflow. Left panels show the water components along the northbound 
section following 180ºW. Right panels show upper 500m water components along the 




Figure 18. Freshwater component inventories calculated for the upper 500 m and 
plotted along latitude (south to north) along the GN01 sections. Freshwater from Pacific 
Water (blue), Meteoric Water (magenta), and Sea Ice Meltwater (cyan).  
3.5.2.1 Atlantic Water 
The vertical distributions of Pacific and Atlantic seawater fractions in the upper 500m are 
anticorrelated with the former predominantly occupying the upper 100–250m and the latter the 
bottom 150-500m (Figures 4a and 4b). The boundary between Pacific and Atlantic Waters 
approximately coincided with the lower boundary of the LHW (σ0 = 27.51). 
In 2015, the AW layer core was aligned with the σ0 = 27.93 horizon. The Atlantic fraction 
was 85–100% in the portion of water column from this surface down to 500 m. At depths 
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shallower than the UHW (σ0= 26.48), the content of AW is null within the method error (± 10%). 
Between these two isopycnals, the Atlantic component ranges between 20% and 65% (Figures 4a 
and 4b). The mean fraction of AW in the LHW was larger in the Makarov Basin (ca. 75%) than 
that observed in Canada Basin (60%), indicating a stronger interaction/ mixing between the two 
water masses.  
Moving northward and toward the Lomonosov Ridge along the cruise tracks, the top of 
the layer of high AW fraction progressively shallowed from ca. 300 m to 100 m at the 
northernmost points in the Makarov Basin, and to 75 m at the North Pole. The AW integrated 
heights for the upper 500m (not shown) increased monotonically moving northward along both 
sections. Along the 180ºW, the AW inventory increases from 9 m at the Chukchi Shelf to 388–
420 m in the northern Makarov Basin close to the Lomonosov Ridge. Along the 150ºW, the 
Atlantic layer was virtually absent at southernmost shallow stations (bottom ≤ 170 m) on the 
continental slope (distance ≤ 150 km) (Figures 16a, 16b).  
3.5.2.2 Pacific Water 
The distribution and pathways of Pacific Waters (PW) in the Canadian Basin are 
influenced by changes in the basin-wide atmospheric circulation, which can be viewed through 
the lens of large-scale climate modes (e.g., Proshutinsky and Johnson, 1997; McLaughlin et al., 
2002; Steele et al., 2004, Newton, et al., 2006).  A higher-than-normal sea-level pressure over the 
Canada Basin results in stronger Ekman convergence and Ekman pumping in the center of the 
Beaufort Gyre. Under these conditions, (anti-cyclonic years, low to neutral Arctic Ocean (AO) 
Index), PW recirculates and accumulates due to a spun-up and expanded Beaufort Gyre. Under a 
lower-than-normal pressure, (cyclonic years, high AO index), PW spreads laterally to the outer 
regions of the Canadian Basin, eventually exiting the Arctic Ocean via Fram Strait or the 
Canadian Archipelago (Steele et al., 2004; Jahn et al., 2010; Dodd et al., 2012). Whereas these 
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variations occur on timescales of years to decades, the PW storage in the Canadian Basin also 
displays a seasonal pattern, with stronger accumulation observed during winter months 
(McLaughlin et al., 2002; Bauch et al., 2011).  
During 2015, upper halocline and surface waters were largely (85-100%) composed of 
PW. This Pacific layer (we defined the base of the layer as the depth of the 15% PW fraction 
isoline) exhibited the same pattern along both tracks: gradually increasing in depth from 100 ± 
25 m at the continental slope to its maxima (225-250 m) at the center of the Beaufort Gyre before 
shallowing to 65 ± 10 m at the northernmost stations in the Makarov Basin. At Station 32, 
located at the North Pole in the Amundsen Basin, the layer of water containing high PW 
fractions (70-80%) was less than 10 meters deep. This finding agrees with previously established 
circulation patterns where the Transpolar Drift marks the easternmost lateral extent of PW across 
the Arctic Ocean (e.g., Jones, 2001; McLaughlin et al., 2002; Schlosser, et al., 2002, Steele et al., 
2004). Over the Alpha-Mendeleev Ridge the PW isolines were more tightly spaced than in the 
inner basins and at the continental slope.  
The PW distribution emerging from GN01 data is consistent with strengthened 
anticyclonic winds over the Canadian Basin, enhanced Ekman pumping, and PW accumulation 
(neutral to negative AO). Under these forcing conditions, the Beaufort Gyre expands towards the 
north and encompasses the Chukchi Abyssal Plain (Steele et al., 2004; Regan et al., 2019). While 
the Pacific layer progressively shoaled moving northwards along both section, waters with PW 
above 0.8 occupied the upper 75-100 m over the central Makarov Basin.  
Researchers have identified a horizontal front between an “Western” and “Eastern” 
water-mass assemblage, with the Western stack containing an UHW layer.  This front has been 
shown to move between the Lomonosov Ridge and the Makarov.  (Morison et al., 2000; 
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Polyakov et al., 2004). While the Pacific layer progressively shoaled moving northwards along 
both sections, its base was found at depths between 75m and 100m well into the Makarov Basin. 
This feature suggests that during summer 2015 the Atlantic/Pacific front was located at an 
intermediate position between its natural alignment with the Lomonosov Ridge and the Alpha-
Mendeleev Ridge consistent with the circulation regime described above.  
In the Canada Basin, waters between the UHW and LHW isopycnals contained 30-40% 
of PW, while in the Makarov Basin these waters were almost largely depleted of PW (≤10%).  A 
possible explanation is that the stronger-than-average downwelling at Beaufort Gyre center 
creates upwelling at gyre margins forcing AW to be entrained in the halocline layer.  
3.5.2.3 Sea-Ice Meltwater 
Along the northbound track, a thin lens of high sea-ice meltwater (SIM) fractions 
extended from the Chukchi Abyssal Plain to the western side of the Alpha-Mendeleev Ridge.  
The largest SIM concentrations (17% to 22%) were observed in the uppermost samples between 
stations 8 and 11. This high-SIM layer was still visible further north between station 12 and 17 
but with lower fractions (7-8%) (Figure 16e). Along the southbound track a thin layer of SIM 
(6.5-9%) was present over the Alaskan continental shelf (Stations 57-64). These SIM peaks were 
the results of the summer melting and contained in a summer mixed layer ranging from 10 to 14 
m thick (Figure 16f). 
Below the surface layer, SIM fractions are everywhere negative, indicating a 
predominance of brines (sea-ice formation) over melt.  Below the halocline, there is a slightly 
negative SIM signal, which varies little either horizontally or with depth.  Over the Canada 
Basin, in the region impacted by the Beaufort Gyre and the Pacific Water plume, the halocline 
can be seen to have two local maxima of brine influence, separated by a region of less-negative 
SIM concentrations.  The secondary minimum, at the base of the halocline, has valued reaching 3 
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to 6.5% brine, and is likely fed by spreading along isopycnals from the continental shelf. Water 
in the upper maximum, near the top of the upper halocline, is likely fed by isopycnal spreading 
(there are high concentrations of PW inflow there), but may also be enhanced from above, by 
diapycnal convection due to local sea-ice formation. 
In the surface waters over the Lomonosov Ridge and the northern part of the Makarov 
Basin, along 150W, there is a very high brine formation signal (SIM -13% to -10%) between the 
surface and about 50m. These brine-enriched waters also had high meteoric water concentrations 
indicating that the sea ice formation had occurred in regions where the concentration of river 
discharge peaks. This signal is in the Trans-Polar Drift (TPD), and it is likely that the brine was 
formed in the Laptev and East Siberian seas and is being carried across the Arctic Ocean by the 
TPD.   
3.5.2.4 Meteoric Water 
The top 30-50 m of the water column contained most of the meteoric water with 
concentrations ranging between 10% and 19%. The typical meteoric water fraction profile 
displayed a steep decline from the surface to values of 2-3% at depths of 100 m followed by a 
gradual decline to values of 1-2% at 200 m and to less than 1% below 300 m (Figures 16g & 
16h).  
During the 2015 expedition hydrographic stations along 150ºW displayed larger 
concentrations of meteoric water extending to deeper depths than those along 180ºW at the same 
latitudes. The highest meteoric water concentrations (17-19%) were observed along the 
southbound track near the Lomonosov Ridge (Stations 32-38) which we interpret as the 
topographically trapped Trans-Polar Drift from Siberia toward Fram Straight. The discharge 
from the largest Eurasian Arctic rivers first flows eastward over the continental slope. It is 
deflected north along the saddle nodes where major submarine ridges connect with the 
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continental shelf (Anderson et al., 2004; Bauch et al., 1995, 2011; Newton et al., 2008).  Near the 
Lomonosov Ridge, the 10% isoline was located at approximately 60 m. Data from Station 32 
showed a unique profile with a gradual decline in meteoric water fraction and a deeper layer of 
high meteoric water concentration (100 m is still 8%).  Thus, the TPD carries both a stronger and 
a deeper river runoff signal than the surrounding areas.   
Over the Beaufort Gyre (Stations 46-64) the meteoric water fractions in the surface 
mixed layer ranged from 13% to 15%. The high meteoric water fraction layer was as deep as 50 
m in the center of the gyre and gradually shoaled to 30 m approaching the continental slope. On 
the slope, the two shallow stations 62 and 63 (170-300 m) still carried a significant meteoric 
water signal (7-10%) at the surface.  
Many different processes play a role in organizing the meteoric water sources and 
distribution and its seasonal and interannual variability: large-scale wind patterns, surface stress 
gradients in the marginal ice zones, changes PW inflow strength and properties, changes in river 
runoff or ice freeze/melt cycles, etc. The water mass inversion technique we used does not allow 
to separate the freshwater signal from Siberian rivers from that Northern American origin 
(Newton et al., 2013). Tracer-based studies used oxygen isotope ratios in combination with 
barium concentrations and found the meteoric water in central and southern Canada Basin to be 
predominantly of North American origin (e.g., Guay & Falkner, 1997; McClelland et al., 2012; 
Whitmore et al, 2020).  Numerical outputs (Newton et al., 2008) and dynamic ocean topography 
patterns (Kwok & Morison, 2011) show that the signal of Siberian rivers can become entrained 
in the Beaufort Gyre adding freshwater to the upper Beaufort Sea.  In separate efforts, the 
authors are working with colleagues form the Arctic GEOTRACES program to explore novel 
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ways to get more detailed and more precise component information from samples, but that work 
is beyond the scope of this manuscript. 
3.5.3 Freshwater Inventories: GN01 
The total freshwater content derived from salinity can also be calculated as sum of 
component contributions: meteoric water, Pacific inflow, and sea ice meltwater.  Each water 
mass contributes to the total freshwater content proportionally to the offset (S0-S)/S0 between its 
average salinity and that of the reference water mass, Atlantic waters (S0 = 34.92). Meteoric 
waters are completely fresh (S = 0), 100% of meteoric water content contributes to freshwater. 
We assume that the sea ice meltwater mean salinity is S = 4 ± 1, its freshwater contribution 
(SIM-FW) is equal to ca. 88.55% the SIM fraction in each sample. The freshwater contribution 
from PW, with a nominal salinity of 31.5, is 6.93% of the total PW content. In this study, the 
difference between the total freshwater inventory calculated directly from salinity values and as 
the sum of freshwater components was negligible and in the order of O(10-10).  
The largest sources of freshwater in the Canadian Basin are the meteoric water and the 
Pacific inflow, with the former dominating in Canada Basin and that latter in the Makarov Basin. 
Moving north and away from the continental slope the freshwater contribution from PW sharply 
increased from 2-7 m to its peak values of ca. 18 m at 76.25ºN-75.59ºN and then gradually 
decreased to 4-6m near the Lomonosov Ridge.  
Along the 180º track and south of or over the Alpha-Mendeleev Ridge (Stations 7-22) the 
PW freshwater inventories exceed the meteoric water inventories by 3m to 7m. In the Makarov 
Basin the meteoric water inventories were 5m to 10m larger than those of freshwater from PW, 
with the maximum difference (10m) observed at Station 30. Over the southern Canada Basin 
along 150ºW the difference between PW freshwater and meteoric water inventories ranged from 
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3m to 10m, peaking at the continental slope.  Note that for several stations the interannual 
difference was smaller than the uncertainty in PW fraction (mean difference 1.5 m; uncertainty: 
1.8m). These findings show that in 2015 the two freshwater sources were about equal in the 
Beaufort Gyre the region where the total freshwater was maximal. Over the Makarov Basin 
(150ºW) the meteoric water inventories were 8 m to 10 m greater than the Pacific freshwater 
integrals. In the Amundsen Basin (station 32) this difference was 14 m.  
Integrated vertically, the brine content largely exceeded sea ice meltwater everywhere 
except over the southernmost shallow coastal stations (7, 65, and 66) where the SIM-FW 
inventories were positive and ranged between 0.5 and 1.0 m. The sea ice formation signal peaked 
over the central Canada Basin and in the Makarov Basin, and was minimum over the Alpha-
Mendeleev Ridge. In the Canada Basin the SIM-FW inventories progressively decreased to a 
local minimum of -7.4 ± 0.5 m (-6.7 m to -7.75 m) (i.e.: maximum sea ice formation signal). The 
largest brine signal in central Canada Basin was approximately centered at 76.4ºN along 180ºW, 
and 77.5 along 150ºW.  In this region the freshwater removal from ice formation was equal to 
20-30% of the total freshwater storage measured at the same locations. At the Alpha-Mendeleev 
Ridge, the integrated SIM-FW ranged from -2.7 m to -3.4 m.  Over the Makarov Basin we 
measured the overall maxima in brines: 8 ± 2 m with the maximum of 10 m at stations 37 and 
32.  North of the Alpha-Mendeleev Ridge the brine signal was as large as 50-70% (90% at 
station 32 in the Amundsen Basin) of the total freshwater. During the GN01 northbound transect 
the effect of brine rejection over the total freshwater budget in the Makarov Basin and over the 
Lomonosov Ridge was twice as strong along the southbound 150ºW track.  
In 2015 over the central Canada Basin the Pacific freshwater and the meteoric water on 
average contributed 12.5 ± 2.5 m and 13.3 ± 3.34 m to the total freshwater respectively; and sea 
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ice formation removed 6.1 ± 1.4 m from the total freshwater. These results are in agreements 
with findings from previous literature (e.g., Yamamoto-Kawai et al. 2008: 10.5 m and 11.7 m, 
and 6.5 m respectively).  The measured total freshwater storage within the Central Canada Basin 
(area ca.  1.6 106 km2) was 31.6 ± 5.2 103 km3; the breakdown in its sources and sinks was as 
follow: the Pacific freshwater added 21.2 ± 5.4 103 km3 to the total freshwater inventory, the 
meteoric water for 20 ± 4 103 km3, and 9.7 ± 2.3 were removed from by sea ice formation. 
3.5.4 Comparisons with AOS94 and AOS05 
In our analyses we compared the water mass concentrations and the freshwater 
inventories along the two 2015 transects with those computed for the overlapping 1994 and 2005 
oceanographic sections. The 2015 180º northbound track was similar to the AOS94 and the 
southbound 150ºW track to the AOS2005. We constrained our comparisons to the regions where 
the stations from the distance between tracks was 60 km or less. Along 180ºW we used data from 
stations between 74.5 ºN and 87.5ºN: which included stations 9 to 29 from GN01 and stations 6 
to 29 from AOS94. The comparison along 150ºW extends between 76.5ºN and 86ºN and 
includes stations 55 to 40 for GN01 and stations 8 to 25 for AOS2005. Temporal changes are 
displayed (1) as changes in the vertical distribution of water-mass components and (2) variations 
of the freshwater inventories. Before differencing sections, the two datasets are interpolated to 
the same horizontal and vertical grid. Section calculations were performed using the Java 
OceanAtlas 5.4.0 Beta 1.0 (by J. Osborne, D. Denbo, & J. Swift). For the inventories comparison 
we interpolated the selected stations onto a 0.5-degree latitude grid and computed the difference 





3.5.4.1 Distribution Variability 
In 2015 there were significant changes in the upper water column stratification compared 
to 1994 and lesser differences compared to 2005, with the greatest shifts observed in the Canada 
Basin (Figure 6). During 2015 the halocline layer occupied a larger portion of the water column 
compared to 1994. The UHW was approximately 100 m deeper than observed during AOS94 in 
the Canada Basin, and 30 m in the Makarov Basin. The core of the LHW was found at depths 
75m to 125m deeper than in 1994 in the Canada Basin, and 25 m in the Makarov Basin. The 
shifts in the core of the AW layer depth were more prominent between the Mendeleyev Ridge 
the Chukchi Plateau (100m) than elsewhere along the 180ºW sections (30m).  
When comparing 2015 with 2005, we found changes in the same direction but of lesser 
amplitude. In the Canada Basin, the UHW was 30 m deeper in 2015 than in 2005, and the LHW 
was 50m –75 m deeper in 2015 than in 2005. No significant changes in the halocline layer depth 
were observed ta stations located over the Alpha-Mendeleev Ridge and in the Makarov Basin. 
Variability in the large-scale conditions that modulate the strength of the Beaufort Gyre is an 
important driver of the observed shifts in the water column stratification. 
During AOS94 water with a fraction of AW of the 0.8-AW-fraction isoline was centered 
at 130-150m in Canada Basin compared to 250-285 m in 2015; and shallowed to 80-90 m over 
and north of the Alpha-Mendeleev Ridge compared 100 to 150m in 2015.  A substantial fraction 
of the Atlantic waters interacts with the halocline layer and is modified into less dense waters 
(Rudels et al. 2004). The contribution of Atlantic water to the upper part of the Canadian Basin 
water column was substantially larger during 1994 than in 2015. 
The water column stratification in 2015 showed significant changes compared to 1994 
and minor compared to 2005, with the greatest shifts centered in the Canada Basin (Figure 19). 
During 2015 the halocline layer occupied a larger portion of the water column compared to 1994. 
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The UHW was approximately 100 m deeper than observed during AOS94 in the Canada Basin, 
and 30 m in the Makarov Basin. The core of the LHW was found at depths 75m to 125m deeper 
than in 1994 in the Canada Basin, and 25 m in the Makarov Basin. The shifts in the core of the 
AW layer depth were more prominent between the Mendeleyev Ridge the Chukchi Plateau 
(100m) than elsewhere along the 180ºW sections (30m).  
When comparing 2015 with 2005, we found changes in the same direction but of lesser 
amplitude. In the Canada Basin, the UHW was 30 m deeper in 2015 than in 2005, and the LHW 
was 50m –75 m deeper in 2015 than in 2005. No significant changes in the halocline layer depth 
were observed ta stations located over the Alpha-Mendeleev Ridge and in the Makarov Basin. 
Changes in the process of Ekman pumping due to the Arctic High anticyclonic circulation 
centered in the central Canada Basin are the major drivers of these stratification differences.  
Variability in the strength and position of Arctic High is correlated with the total freshwater 
content in the BG as well as with the mean pathways of the Pacific inflow in the Canadian Basin 
and the position of the transpolar drift.  
During AOS94 water with a fraction of AW of the 0.8-AW-fraction isoline was centered 
at 130-150m in Canada Basin compared to 250-285 m in 2015; and shallowed to 80-90 m over 
and north of the Alpha-Mendeleev Ridge compared 100 to 150m in 2015.  A substantial fraction 
of the Atlantic waters interacts the above layer and is modified into less dense waters (Rudels et 
al. 2004). Atlantic waters cross the Lomonosov Ridge and contribute to the lower Atlantic 
derived halocline in the Canadian Basin. The concentration of Atlantic to the upper part of the 
Canadian Basin water column was substantially larger during 1994 than in 2015. 
3.5.5 Freshwater Inventory Variability 
The 2015 total freshwater content in the central Canada and Makarov Basins was 
significantly greater than what measured during the 1994 and 2005 expeditions (Figure 20). 
 104 
Along the 180ºW section, the GN01 data show an integrated freshwater column 5 to 11 m higher 
than that observed in AOS94, representing an average percentage change of 80%. The 
differences observed over the Canada Basin were approximately 2 m larger than those in the 
Makarov Basin. The freshwater integrated column variation along 150ºW was slightly smaller (3 
to 7 m), equal to an average 27% change over 2005. The vertical changes in salinity (not shown) 
along 180ºW displayed 5-6% percentage decrease over the Canada Basin extending to roughly 
200 m, and a stronger freshening (7 to 10%) in the Makarov Basin down to 75 m.  
Compared with the 1994 and 2005 Arctic Ocean sections, the two GN01 transects 
displayed a significant increase in meteoric water both in the Canada and Makarov Basin (error: 
± 1m). Meteoric water inventories along 180ºW were on average 4 m higher than the values 
observed in 1994, a 67% increase over 1994 (meteoric inventory average 6 m). The difference 
between these two periods peaked to 12 m in the southern Canada Basin, off the Chucky Shelf 
close to the continental shelf in correspondence of GN01 stations 11-16, was negligible over the 
Alpha-Mendeleev Ridge, and averaged 3 m over the Makarov Basin. When comparing the 2015 
with 2005 along 150ºW we found an average increase of 5m with maximum values (10m) over 
the northern part of the section in the Makarov Basin. In 2005, the mean meteoric inventory in 





Figure 19. Water mass component variability in the upper 500 m. Left panels display 
the changes along 150ºW obtained by subtracting the 1994 results from the 2015 ones at 
overlapping stations (GN01: 8 to 30; AOS94: 6 to 29). Left panels show the differences 
between 2015 and 2005 (GN01: 55 to 40; Oden05: 8 to 25).  
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The river discharge into the Arctic Ocean is highly seasonal, with a July peak, and varies 
on an interannual time scale. Changes in this freshwater source are critical to the Arctic Ocean 
biology, circulation, and sea ice dynamics. Models and observations have found that an increased 
river runoff is positively correlated to enhanced summer melt and earlier freezing (Whitefield et 
al., 2015). Thus, to monitor and understand the dynamics of large changes in meteoric water 
storage and its distribution is of great importance especially as the global hydrological cycle 
accelerates. 
The combined discharge from the largest Eurasian and North American rivers in 2015 was 
approximately 2,500 km3; and 2,200 km3 in 1994 (Holmes et al., 2018). An increase in river runoff 
of 300 km3 approximately correspond to 1 m increase in meteoric water over the entire Canadian 
Basin. Newton et al. 2013 suggest that changes of this order of magnitude can only be partly 
explained by enhanced river discharge and that the variability in surface circulation features is the 
primary explaining cause. Indeed, changes in the local wind patterns can generate shifts in 
freshwater distribution that are 20 to 30 times larger than those from river influx variability 
(Dmitrenko et al., 2008).  
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Figure 20.  Temporal changes in the inventories of total freshwater and its 
components. Variations along 180ºW between GN01 and AOS94 are displayed in Figures 7a 
and 7b. Variations along 150ºW between GN01 and Oden05 are displayed in Figures 7c and 
7d. Data have been interpolated on a horizontal grid of 0.5-degree latitude. Differences that 
are not statistically significant / smaller than the uncertainty level are displayed as white 
boxes (not sure how to describe it).  
 
 108 
The distribution and stratification of PW was remarkably different in 2015 compared to 
1994. The Pacific Layer was notably thinner and shallower in 1994 compared to 2015 and did 
not extend north of the Alpha-Mendeleev Ridge but remained primarily constrained to the 
Canada Basin. During AOS94 waters with PW fraction above 0.8 occupied the upper 200 m off 
the Chukchi Plateau slope and less than 50 m over the Makarov Basin compared to 150 m in 
2015. The disappearance of PW in the Makarov Basin and a shoaling of the boundary between 
the Pacific and Atlantic-derived halocline waters during the mid 1990s has been reported in 
several previous studies (McLaughlin et al., 1996; Rudels et al., 2004). 
Along 180ºW the difference in Pacific freshwater inventories and 1994 were on average 5 
m and ranged between 2m and 8m. Changes in Pacific freshwater storages were not significant at 
the southernmost stations on the continental slope and over the northern Makarov Basin, north of 
84ºN. The greatest shifts (6m-8m) were along the 500-km long region overlapping the Alpha-
Mendeleev Ridge and accounted for a 120% fractional change over 1994 values. There were not 
significant variations in the PW freshwater inventories from 2005 to 2015 except for stations 
locates in the central Canada Basin. In this region, 2015 inventories were 3 m to 5 m higher than 
2005 results, corresponding to a 20% to 40% increase over the 2005 mean of 12 m.  
At the southernmost stations along 180ºW sections the 2015 SIM freshwater inventories 
were less negative compared to 1994, corresponding to a positive SIM freshwater inventory shift 
ranging from 1 m to 2.43 m. Note that negative values in SIM freshwater inventory indicate an 
increased brine injection (Figure 20). This offset can result from the fact that the high melting 
signal (SIM: 17%–22%) observed at the continental slope during GN01 was that absent in 1994. 
We also need to consider that the positive SIM values were constrained to the upper 5m-10m of 
the water column where AOS94 samples are significantly sparser than in 2015. Elsewhere in the 
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Canada Basin the In the Makarov Basin the 1994 brine inventories were 0.8 m to 2.2 m larger 
than in 2015 representing a 40% change. In this region the freshwater removal from sea ice 
formation was equal to ca. 60% of the total freshwater inventory in 1994 and only 20% in 2015.  
The 2015 upper-500-m total freshwater inventory was on average 8.2 ± 0.37 m greater 
than it was observed in 1994, corresponding to a volumetric change of 12.5 ± 0.57 103 km3 over 
the Canada Basin (area: ~ 1.5 106 km2) and percentage change of 80%. The meteoric component 
accounted for 5.8 ± 0.52 (8.8 ± 0.80 103 km3) equivalent to a 95% increase over the 1994 values. 
The Pacific freshwater component inventory increased on average by 4.6 ± 2.09 m (7.0 ± 3.18 
103 km3, a 56% increase over the 1994 values. Significant shifts in the Pacific freshwater 
component were only observed between from approximately 75ºN to 82.5ºN.  
The accumulation of meteoric water was significantly stronger within the Beaufort Gyre 










 Figure 21. Mean SIM vertical profiles in the Canada Basin. 
Left panel: GN01 in red and AOS94 in blue. Right panel: 
GN01 in red and AOS05 in blue 
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In this area the average meteoric water accumulation was 7.3 ± 0.57 m equal to a 160% 
increase over the 1994 inventory in the same geographical region. 
Averaging over the entire section (from 74.5ºN to 87ºN) the brine injection signal was 2.2 
± 0.26 m larger in 2015 than in 1994 (3.3 ± 0.40 103 km3) in 2015 compared to 1994. The SIM 
inventory temporal changes assumed different signs over the 180ºW section. Below ca. 80ºN, in 
the sea ice formation signal was a stronger during GN01 than during AOS94, with additional 3.4 
± 0.26 m of freshwater removed from the water column. North of ca. 80ºN, the increase in 
meltwater was dominant with 0.8m to 1.5m added to freshwater inventory.  
Typically, the sea ice meltwater is constrained to uppermost 20-40 meters of the water column. It 
is useful to break down the integral interval: from surface to 40m; and from 40m to 500m. The 
2015 SIM inventory was 1.5 ± 0.10 m larger than the AOS94 integrated height. Brine 
accumulation dominated depths from 40 m to 500 m, with a mean inventory increase of 3.4 ± 
0.37 m. These results are consistent with an enhanced annual sea ice cycle and the observed 
decline multiyear ice.  
The 10-year shifts along 150ºW were consistently lesser than those observed along 
180ºW between 1994 and 2015 and did not display enhanced variability in the Beaufort Gyre 
region.  On average the total freshwater inventory increased by 4.2 ± 0.82 m corresponding to 
6.4 ± 1.25 103 km3 when integrated over the central Canada Basin; a 25 % increase over the 
inventory calculated from AOS05 data. The meteoric component increased by 53%, with a mean 
increase of 4.9 ± 0.55 m over the 2005 average integrated height (7.4 ± 0.84 103 km3). When 
averaging over the entire section changes in Pacific freshwater were smaller than the uncertainty 
level. Freshwater removal from freezing was 2.6 ± 0.25 m greater in 2015 than during AOS05, 
corresponding to a volumetric increment of 4.0 ± 0.38 103 km3 (+61%).  
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Along 150ºW the 2015 brine inventories were consistently larger than what observed in 
2005 in the comparison region. The greatest increases in brine injection were over the central 
Canada and Makarov Basins ranging from 2.5 m to 4.7 m equal to a 100% percentage change. In 
correspondence of the Alpha-Mendeleev Ridge the difference was minimal (0.6 m). No 
significant variations in SIM (Figure 21).
 
3.6 Conclusions 
Our analysis shows a significant freshening of the Canadian Basin, where the total 
freshwater reservoir increased by ca. 12,500 km3 from 1994 to 2015, of which ca. 5,000 km3 are 
within the Beaufort Gyre. This accumulation rate is consistent with the findings from 
independent studies (Haine et al., 2015; Carmack et al., 2016; Giles et al. 2012). 
Increases in the meteoric water inventory were observed along both sections and can be 
attributed to changes in the wind-driven Ekman converge and in freshwater availability. Our 
calculations show that between 1994 and 2015 the meteoric water inventory increased on 
average by 5.8 m over the Canada Basin, and by 7.3 m in the Beaufort Gyre region.  The 10-year 
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increment between GN01 and AOS05 was ca. 4.2 m.  River runoff and net precipitation over the 
Arctic Ocean increased by ca. 8–10% between 1980 and 2010 (Haine et al., 2015; Holmes et al., 
2016). Integrated over the central Canada Basin area this increment in inflows is equal to a 1 to 
3-m increase and explains approximately 50% of the variability in meteoric water we found.  
Pacific freshwater was the dominant component of the freshwater inventory observed 
during GN01. The 2015 Pacific freshwater inventory along 180 ºW was on average 2.5 ± 2.1 m 
higher than observed in 1994. Increments in the Beaufort Gyre region were ca. 11 m and 
significantly larger than elsewhere along the section. Independent studies indicate an increase in 
the Pacific inflow and Pacific freshwater inventory. Pacific inflow increased from 0.7 Sv to 1.2 
Sv from 2001 to 2014, approximately a 70% increase (Woodgate et al., 2017). Haine et al. 
(2015) find an increase of 28% in the Pacific freshwater inventory between 2000 and 2010.  
The melting signal in the upper 25 meters of the water column was significantly stronger 
in 2015 than in 1994. Variations were observed across the entire transect up to the northernmost 
stations in the Makarov Basin. We also observed an amplified brine injection from 50 to 300 
meters compared to both 1994 and 2005. These changes are consistent with an enhanced sea ice 
cycle and expanded seasonal ice zones, trends recognized in previous studies (e.g., Newton et al., 
2013).  
The variability in freshwater distribution produced by shifts in the horizontal gradients of 
wind stress curl is potentially 20-30 times greater than variations from increases in the influxes 
(Dmitrenko et al., 2008). Newton et al. 2013 hypothesize that amplified freshwater availability 
can only partly explain variations in the freshwater component inventories of this scale and that 
shifts in surface circulation is the primary driver.  Within the limits of our method, it is not 
possible to assert which process was the most important in driving the observed changes. 
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However, the water-mass decomposition analysis provides valuable information on the 
horizontal and vertical distribution of each freshwater component in the Arctic surface layer. The 
Arctic Ocean freshening is projected to continue during the 21st century, with an accumulation 
of ca. 50,000 km3 by 2100 (Haine et al., 2015; Carmack et al., 2016).  
Recent studies critique the method of computing freshwater budgets from a constant 
reference salinity (Treguier et al. 2014; Bauch and Losch, 2019) as intrinsically arbitrary and 
ambiguous, and argue that salt budget is a superior parameter as it is based on an absolutely 
quantity, is uniquely defined, and allows for more direct oceanographic interpretations and 
definite temporal and spatial comparisons. In this contribution we follow the geochemical 
approach, using nutrients and oxygen isotope ratios in combination with salinity to calculate the 
individual freshwater components. The geochemical approach has limitations from the inherent 
uncertainty in the end member choices and the non-conservative nature of nutrients. The total 
freshwater content values from the freshwater anomaly calculations and from the fraction 
calculations are the same within the analytical error (this study, Forryan et al, 2019). Although 
not absolute in nature, the presents tracer-based results offer insights on the variability and 
distribution of freshwater of different origin in the Canadian Basin. In combination with 
numerical simulations and salt budget calculations, freshwater components datasets can improve 
the understanding of the mechanisms driving freshwater accumulation and release in the western 
Arctic Ocean. The seasonal cycle of the Arctic freshwater budget is successfully reproduced by 
numerical simulations (e.g., Newton et al., 2006; Newton et al., 2008; Jahn et al., 2010; 2012; 
Karcher et al., 2012). Yet, the interannual variability of the liquid freshwater storage and its 
component distribution have proved more difficult to simulate and would benefit from repeated 




Conclusion or Epilogue 
 Our tracer-based analysis suggests that there is a significant variability in the 
freshwater components and UHL distribution while the major features of the circulation patterns 
and spreading velocities of the AW and the LHW have remained largely stable over the past 
decades. Future research should address whether in a fast changing Arctic, the dynamics of the 
surface layer will expand to the halocline and Atlantic layer substantially destabilizing the 
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